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Ocean Acidification through the uptake of anthropogenic CO2 is resulting in a decrease in 
surface water carbonate ion concentration, a critical compound for marine calcifying 
organisms (Fabry et al., 2008; Orr et al., 2005). Natural seasonal variability is predicted to 
hasten the effects of Ocean Acidification in the Southern Ocean, resulting in possible surface 
water wintertime aragonite (the more soluble form of calcium carbonate) undersaturation 
(Ωarag < 1) south of the Antarctic Polar Front by the year 2030 (McNeil and Matear, 2008). 
An Ocean Acidification study was conducted to determine the seasonal and interannual 
variability in aragonite saturation state (Ωarag) at the Antarctic ice shelf between 4°E and 
14°W and in the Eastern Weddell Gyre, during the Austral summers of 2008/2009, 
2009/2010, 2010/2011 and 2011/2012. This study shows that at the Antarctic ice shelf and in 
the Eastern Weddell Gyre (EWG), seasonal summertime phytoplankton blooms were a 
critical factor in the observed decrease in summer surface water CO2 and the subsequent 
increase in summer surface water Ωarag. The estimated Winter Water Ωarag of 1.34 was 
increased during summer to above 1.5 in all years. Interannual variability in the timing of sea 
ice thaw influenced summertime primary production and thus surface water Ωarag, where 
years with early sea ice thaw resulted in higher surface water Ωarag than years with late sea ice 
thaw. Seasonal variability in summer surface water Total Alkalinity (TA) and Dissolved 
Inorganic Carbon (DIC), both of which control Ωarag, was primarily influenced by variability 
in summer primary production and dilution from sea ice thaw. Interannual variability in Ωarag 
was found to be higher at the ice shelf than in the EWG, highlighting the sensitivity of the ice 
shelf region to small seasonal variations. Aragonite-precipitating Thecosome Pteropods are 
prominent components of the Antarctic ecosystem, as both prey items and as predators, as 
well as being the major transporters of carbon from the surface into deeper waters (Comeau 
et al., 2010; Hunt et al., 2008). This study shows that at the ice shelf and in the EWG, surface 
water Ωarag is currently favorable for the survival of Thecosome Pteropods, but that possibly 
by the middle of this century surface water Ωarag will decrease below 1 during winter and 
early summer, resulting in the dissolution of aragonite shelled organisms. Seasonal 
summertime increase in Ωarag may be sufficient to create favourable surface water aragonite 
conditions for Pteropods in current surface waters, however it is considered that this will not 
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The oceans, covering approximately 70% of the earth’s surface, play a large role in the 
regulation of our climate (Abbasi and Abbasi, 2011). They transport heat from the tropics 
polewards, drive the hydrological cycle and are home to thousands of species of fauna and 
flora. While some regions of the oceans reach depths of 6km it is only the thin surface layer 
that is in contact with the atmosphere. This surface ocean interacts with the atmosphere, 
exchanging heat, salt and gas. The flux of carbon dioxide (CO2) gas between the atmosphere 
and the ocean surface is extremely important, as it balances earth’s carbon cycle, creating an 
atmosphere that enables life, as we know it, to exist (Abbasi and Abbasi, 2011). Ice core 
records show that over at least the last 420 kyr atmospheric CO2 levels have fluctuated 
between 280-300ppmv in accordance with the glacial cycles (Petit et al., 1999). The present-
day level of atmospheric CO2 is greater than any observed during the last 420 kyr (Petit et al., 
1999) and probably in the last 2.1 million years (Hӧnisch et al., 2009), and is continuously 
increasing (IPCC, 2007). This increase in atmospheric CO2 has been attributed to human 
activities such as the burning of fossil fuels, cement production and agriculture (Doney, 
2006). Anthropogenic CO2 increase is already altering the earth’s climate and the oceans-
processes known as global warming (Held and Soden, 2000) and ocean acidification (Doney 
et al., 2009).  
 
From the time when anthropogenic CO2 was first identified as a possible driver of climate 
change (Arrhenius, 1896; Callendar, 1938), the oceanic absorption of CO2 has been seen as 
an increasingly important CO2 sink. It is estimated that the oceans have taken up 50% of the 
anthropogenic CO2  since the industrial revolution (Sabine et al., 2004), and that the present 
uptake is around 25-30% (Canadell et al., 2007; Takahashi et al., 2009). Much research has 
gone into understanding and quantifying this oceanic CO2 sink in order to better calculate the 
rate of atmospheric CO2 increase, and thus comprehend the magnitude of future climate 
change. This being the primary focus, the effect that the elevated oceanic CO2 uptake would 
have on the oceans was neglected until fairly recently, when scientists began to recognise that 
the increase in surface ocean CO2 could affect the ocean pH as well as the ocean carbonate 
ion concentration (Feely et al., 2004; Zeebe et al., 2008; Zeebe, 2012). Decreasing ocean pH 
and shifts in marine carbonate speciation as a result of increased CO2 in sea water is known 
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well as the concentration of carbonate ions [CO3
2-
] decrease due to the reaction of CO2 with 
water. Since the industrial revolution, the pH of the ocean surface waters has decreased by 
approximately 0.1 (Caldeira and Wicket, 2003; Orr et al., 2005) and the carbonate saturation 
depth has shoaled by up to 200m in some areas of the Atlantic, Pacific and Indian oceans 
(Feely et al., 2004).  
 
Today’s surface oceans are saturated with calcium carbonate, but increasing anthropogenic 
CO2 is likely to change this by the year 2050 (Orr et al., 2005) or sooner (McNeil and Matear, 
2008). If the carbonate saturation depth reaches the surface, the surface waters will become 
undersaturated with respect to calcium carbonate , resulting in dissolution of the shells and 
skeletons of  calcifying organisms such as corals coccolithophorids, formanifera and 
pteropods (Doney et al., 2009; Fabry et al., 2008). Coral reefs are important ecosystems in 
tropical regions, while coccolithophorids, formanifera and pteropods provide key links in the 
food chain between smaller organisms and larger plankton and transport carbon from the 
surface into the deep oceans through the carbonate pump (Fabry et al., 2008; Hunt et al., 
2008; Rost and Riebesell, 2004). 
   
The scale, timing and consequences of Ocean Acidification vary greatly between oceanic 
regions and hence it is important to study Ocean Acidification at a regional scale (Orr et al., 
2005). High latitude regions are predicted to be the first to be affected by Ocean 
Acidification. This is because gas and calcium carbonate (CaCO3) salts are more soluble in 
cold water and due to the fact that high latitude regions have higher Revelle factors, making 
them more sensitive to small changes in surface water CO2 (Egleston et al., 2010; Sabine et 
al., 2004). Orr et al (2005) show that the surface waters in some regions of the Southern 
Ocean will likely become undersaturated with aragonite (the more soluble form of calcium 
carbonate) when the atmospheric CO2 reaches 550ppmv (Intergovernmental Panel on Climate 
Change (IPCC) predictions mark this as occurring in the year 2050). McNeil and Matear 
(2008) demonstrate that when taking natural seasonality into account, Southern Ocean 
surface waters could experience wintertime aragonite undersaturation as early as 2030, under 
the IPCC IS92a atmospheric CO2 increase scenario. Aragonite–precipitating Thecosome 
Pteropods are a vital part of the marine ecosystems of the Southern Ocean, the Arctic Ocean 
and the North Pacific Ocean (Armstrong et al., 2005; Hunt et al., 2008; Kobayashi., 1974). 
These molluscs produce aragonite shells, the sinking of which is important in the export of 
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Pteropods will still be able to form aragonite shells as carbonate ions decrease due to 
calcifying organisms relying primarily on HCO3
-
 or metabolically-produced CO2 for 
calcification (Roleda et al., 2012), but  they will likely  experience dissolution of their 
aragonite shells  as surface water aragonite becomes undersaturated (Fabry et al., 2008). The 
physiological effects of Ocean Acidification are predicted to affect ecosystems before 
carbonate concentrations become undersaturated (Fabry et al., 2008; Royal-Society, 2005). 
This is caused by calcifying organisms using a greater proportion of their energy for the 
process of calcification as carbonate concentration decreases, and thus neglecting growth and 
reproduction (Fabry et al., 2008). Ocean Acidification could lead to the northward migration 
or the decline of Southern Ocean pteropods in the next few decades as surface waters become 
undersaturated with aragonite, resulting in unknown implications for the Southern Ocean 
ecosystem (Fabry et al., 2008; McNeil and Matear, 2008). A better understanding of how the 
seasonal cycle in the Southern Ocean affects regional scale Ocean Acidification processes is 
vital as detrimental wintertime surface water carbon conditions may occur within the next 
few decades (McNeil and Matear, 2008). 
 
With this in mind, the importance of understanding the processes that control ocean carbonate 
chemistry become increasingly important, especially in vulnerable regions such as the 
Southern Ocean (McNeil and Matear, 2008; Orr et al., 2005; Sabine et al., 2004; Thomalla et 
al., 2011). This study will aim to analyse the seasonal and interannual variability of 
summertime surface water Ocean Acidification at the Antarctic ice shelf and in the Eastern 
Weddell Gyre. Continuously recorded underway fugacity of carbon dioxide (fCO2) data 
together with empirically calculated Total Alkalinity will be used to look at the present and 
future surface water [CO3
2-
], Ωarag and pH of this region during the Austral summers of the 
years 2008/2009, 2009/2010, 2010/2011, 2011/2012. We will try to develop a more thorough 
understanding of how seasonality in primary production and surface water dilution through 
summer sea ice thaw affects surface water biogeochemistry and thus the Thecosome 

















2. Literature Review 
 
2.1 Carbon Dioxide 
Carbon dioxide (CO2) is possibly the most important substance in the biosphere, as it has 
facilitated the development of life on earth by serving as the source of carbon, the primary 
element of which all living beings are made (Revelle, 1985). Carbon dioxide is also essential 
in regulating earth’s temperature, as together with water vapour, CO2 absorbs and 
backscatters the suns radiation, which heats the earth to temperatures that allow for the 
existence of liquid water and of life. The pre-industrial carbon cycle as roughly in a steady 
state with the fluxes of carbon into and out of the atmosphere, oceans and terrestrial 
biosphere approximately in equilibrium (Siegenthaler and Sarmiento, 1993). The 
anthropogenic addition of CO2 gas into the earth’s atmosphere is believed to have begun 
around the year 1751 at the start of the fossil fuel era (Andres et al., 1999). This addition of 
CO2, primarily through the burning of fossil fuels, disrupted the carbon balance resulting in 
an accumulation of CO2 in the atmosphere. Since the industrial revolution there is no doubt 
that atmospheric CO2 levels have increased (Held and Soden, 2000; Keeling et al., 1995), 
from a pre-industrial (pre-1800) level of around 280ppmv (Friedli et al., 1986) to a present-
day CO2 level of 392ppmv (Tans and Keeling, 2011).  
 
Joseph Fourier (1768-1830) is believed to have been the first to discover that the earth’s 
atmosphere acts like the gases in a “hothouse”, trapping the thermal radiation while being 
transparent to solar radiation, and thus raising the earth’s temperature (Revelle, 1985). 
Tyndall (1861) a few decades later, discovered that it was in fact trace gases such as water 
vapour and CO2  that were responsible for the trapping of this infrared radiation and hence 
the heating of our planet. The possibility that human activities were increasing atmospheric 
CO2 and that someday this CO2 increase could cause warming of the earth, was proposed at 
the turn of the 19
th
















“Few of those familiar with the natural heat exchanges of the atmosphere, which go into the 
making of our climates and weather, would be prepared to admit that the activities of man 
could have any influence upon phenomena of so vast a scale. In the following paper I hope to 
show that such influence is not only possible, but is actually occurring at the present time” 
Callendar (1938). 
 
Increasing CO2 levels and the future subsequent warming of the earth was initially viewed as 
being beneficial to mankind, as it would possibly increase the temperature in the northern 
regions of civilization enhancing the growth of favourable plants (Callendar, 1938). With 
progressively more studies on increasing anthropogenic CO2, the resulting human induced 
heating of the earth became known as “Global Warming” (Held and Soden, 2000). Today, the 
consequences of global warming, are a great concern for our planet as well as for the survival 
of those who inhabit it. With the predicted CO2 increase over the following century, model 
trajectories show that the pH as well as the concentration of carbonate ions [CO3
2-
] of the 
surface oceans are predicted to decrease (Orr et al., 2005). Global temperatures are likely to 
rise by up to 4°C by the year 2100 under an IPCC business-as-usual CO2 emission scenario 
(Betts et al., 2011) resulting in a possible 0.5-2m rise in sea level (Nicholls et al., 2011) and 
in the warming of the oceans which has previously been observed to possibly have been the 
cause of a global decrease in phytoplankton biomass, as increased upper ocean stratification 
limits the upwelling of nutrients (Behrenfeld et al., 2006).  
 
 
Not all of the anthropogenic CO2 remains in the atmosphere, in fact more than half of it is 
absorbed by CO2 sinks (Le Quéré et al., 2009). Both the oceans and the terrestrial biosphere 
are responsible for regulating the atmospheric CO2 concentration, primarily through 
photosynthesis. Between 1958 and 2008 oceanic and terrestrial carbon sinks absorbed 
approximately 57% of the anthropogenic CO2 emissions, with the remainder accumulating in 
the atmosphere (Le Quéré et al., 2009). Model studies by Canadell et al (2007) calculated the 
2000-2006 oceanic and land CO2 sink to account for 0.24 and 0.3 of the total anthropogenic 
emissions respectively. Over the past 50 years these important carbon sinks appear to have 
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atmospheric CO2 increase is faster than the rate at which the oceans and terrestrial biosphere 
are able to regulate it, the ocean and land CO2 sinks are decreasing in efficiency in  high CO2 
concentrations because of the decrease in carbonate ions in the oceans which buffer the 
oceanic pCO2 and because CO2 fertilization on land is limited, because the oceans and/or the 
land  are changing due to climate variability, or lastly because atmospheric models have not 
considered all the possible CO2 sinks (Le Quéré et al., 2009).   
 
The importance of the oceans in the uptake and storage of anthropogenic CO2 is 
unquestionable (Gloor et al., 2003; Sabine et al., 2004; Siegenthaler and Sarmiento, 1993). It 
is estimated that the present net global ocean CO2 uptake is 1.5 to 2.2 Pg C yr
-1 
(Takahashi et 
al., 2009; Watson and Orr., 2003). This accounts for 20-30% of the annual CO2 (8 Pg C yr
-1
) 
that enters the atmosphere (Canadell et al., 2007; Sabine et al., 2004; Takahashi et al., 2009). 
Sabine et al (2004) show that without the oceans, atmospheric CO2 concentrations would be 
55ppm higher than they are today. Although there seems to be an agreement of a net oceanic 
uptake of 2 Pg C yr
-1
, there is still much discrepancy about the mechanisms of CO2 uptake, in 
which regions of the oceans the major oceanic CO2  sinks exist (Takahashi et al., 2009), and 
how they may change in an unstable climate (Le Quéré et al., 2009). 
 
To understand the factors influencing the oceanic CO2 sink it is important to look at regional 
scale processes. The Southern Ocean (south of 30° S) CO2 sink, accounted for 20%+ of the 
global oceanic CO2 uptake flux in the year 1995 (Takahashi et al., 2002) and has been shown 
to be significant in the global oceanic CO2 uptake (McNeil et al., 2007; Sabine et al., 2004; 
Schlitzer, 2002). Although recent studies indicate that the Southern Ocean is sensitive to 
climate change (Hoppema, 2004; Le Quéré et al., 2007; Lovenduski et al., 2007; McNeil and 
Matear, 2008; Orr et al., 2005), it is still a region around which there is much uncertainty and 
very little in situ data (Takahashi et al., 2009). Recent studies suggest that the Southern 
Ocean CO2 sink may have weakened, possibly due to an increase in Southern Ocean winds as 
a result of climate change (Canadell et al., 2007; Le Quéré et al., 2007). Contradicting these 
studies, Hauck et al (2010) suggest a strengthening of the oceanic anthropogenic CO2 sink in 
the Weddell Gyre of the Southern Ocean between 1992 and 2008, emphasising that within 
the Southern Ocean regionality is high. If the Southern Ocean CO2 sink decreases and 
atmospheric CO2 emissions continue to increase, the Southern Ocean may soon become a 
source rather than a sink of CO2 to the atmosphere, causing atmospheric CO2 levels to rise 
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2.2 Carbon and the ocean 
Now that it has been shown how the oceanic carbon concentration plays a vital role in the 
regulation of atmospheric CO2, it is important to understand what controls the oceanic CO2. 
The surface oceans are in direct contact with the atmosphere and are thus the connection 
between the deeper water carbon and atmospheric carbon (Sarmiento and Gruber, 2006). 
Together, the oceans and the organisms that inhabit them are a substantial carbon reservoir as 
they contain about 38000 Gt C (gigatonnes of carbon; 1 Gt C = 1015 grams), accounting for 
around 95% of all the carbon in the oceans, atmosphere and terrestrial biosphere (Royal-
Society, 2005). Sigman and Boyle (2000) show that the deep ocean carbon reservoir is more 
than 25 times larger than that of the surface ocean and the atmosphere combined (Figure 1). 
The majority of this carbon is stored in the deep oceans as Dissolved Inorganic Carbon 
(DIC). The biological and physical carbon pumps are the mechanisms by which the carbon in 
the surface waters is transported, against its concentration gradient, down into the deeper 



















































Figure 1. A simplifed view of the Holocene (pre-industrial) carbon cycle, taken from Sigman and 
Boyle (2000). Carbon that enters the oceans from exchange with the atmosphere on 
glacial/interglacial timescales is stored in a number of reservoirs (given in units of Pg C, or 1015 g C), 
as dissolved inorganic carbon (DIC), and organic carbon (Corg) and calcium carbonate (CaCO3). A 
residence time (t, reservoir size divided by input or output) is given for each of the carbon reservoirs, 
which relates to the important exchange terms between reservoirs, indicated by double arrows. 





Once the CO2 gas enters the ocean it dissolves in sea water, forming the more reactive 
aqueous CO2. Unlike other gases that just dissolve in water, CO2 reacts with water molecules 
to form carbonic acid (H2CO3) (Zeebe and Wolf-Gladrow, 2001). This acid then dissociates 
to form hydrogen ions (H
+
) and bicarbonate ions (HCO
3-
), which dissociate further to form 
carbonate ions (CO3
2-
). The following equations describe these chemical reactions: 
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Where K0, K1 and K2 are the equilibrium relationships between the different reactions and are 
dependent on the sea water temperature and salinity. Although it seems from these equations 
that the concentration of CO3
2-
 ions increases as CO2 is added, CO3
2- 
is less stable than HCO3
-
 
and thus the reverse reaction is favoured for eq. 2.2.3. The increase in H
+ 
ions means that 
available CO3
2-
 ions will be used up to create more HCO3
-
, resulting in an increase in HCO3
-
 
ions and a decrease in the available CO3
2-
 ions. To describe the carbonate system, these 
equilibrium constants can be related to the concentrations of the carbonate and hydrogen ions 
present in the sea water by the following relationships: 
 
                                                                     
      
   
    
                                                           
 
                                                              
         
   
      
  
                                                    
 
                                                                    
        
    
     
  
                                                      
 
The first equilibrium constant (K0) is also known as the solubility coefficient of CO2 in sea 
water and can be calculated by:  
 
                
   
 
       
 
   
          
 
   
     
 
   
 
 
                                      
 




 (Weiss, 1974). 
The apparent dissociation constants (K1 and K2) can be calculated as in Mehrbach et al 
(1973).  
 
Together, the dissolved carbon species in sea water are known as the Dissolved Inorganic 





) control the pH of the sea water (Figure 2). The term pH describes the 















                                                                
                                                              
 
The pH is the negative logarithm of the concentration of the hydrogen ions, which means that 
a 10-fold increase in hydrogen ion concentration will result in a pH decrease by one pH unit 










and hence pure water has a neutral pH of 7. Due to the presence of other ions in sea water, it 
has a slightly higher pH of around 8.2. The average surface sea water pH has decreased since 
preindustrial times by approximately 0.1 units, from about 8.21 to 8.10 (Royal-Society, 
2005). With the predicted atmospheric increase in CO2, the ocean pH is expected to fall by a 
further 0.3 to 0.4 pH units by the end of the century (Orr et al., 2005; McNeil and Matear, 
2008). Looking at figure 2, this predicted decrease in pH would lead to an increase in the 
concentration of aqueous CO2 and HCO3
-




















] and [CO2] to DIC in 
seawater under different temperature, salinity and pressure conditions (heavy curves are for S=35‰, 
T=25ºC, P=0bar, narrow curves are S=35, T=0ºC, P=0bar, dashed curves are S=35, T=0ºC, 
P=300bar), taken from and Ridgwell (2012). The shaded region reflecting the range of current day 
(annual average) ocean surface, and hashed lines reflect the corresponding projected year 2010 range 



















 ions and a decrease in the concentration of CO3
2-
 ions 
and in the pH. This occurs through the combining of the available CO3
2-
 ions with increasing 
H
+
 to further increase the HCO3
-
 and thus decreasing the available CO3
2-
 ions It is this 
decrease in carbonate ion concentration [CO3
2-
] that is of major concern for marine calcifying 
organisms that use carbonate ions in the formation of their skeletons and shells (Fabry et al., 
2008). The formation and dissolution of one unit of calcium carbonate can be represented as: 
 
     Formation  
                                                           
                                                                                                               
       Dissolution  
 
 
As increasing amounts of CO2 dissolve in the ocean and decrease the available [CO3
2-
] as 
explained above, this equation will move to the left, promoting the dissolution of carbonate 
minerals (Royal-Society, 2005). The dissolution of carbonate minerals increases the 
carbonate ions which combine with available H
+
 ions to form bicarbonate and thus decrease 
[H
+
], increasing the ocean pH (Royal-Society, 2005). This process plays an important role in 
slowing down the decrease in ocean pH as CO2 levels rise, but is likely to decrease as the 
[CO3
2-
] decreases with increasing CO2. 
 
We now know that the oceans are alkaline and contain large amounts of dissolved carbon. 
The marine carbon species have thus far been described by five variables: pCO2, H2CO3* 







. Both the concentration of CO2 and the pH of the ocean are commonly measured but are 
non conservative properties, changing with temperature, salinity and pressure (Sarmiento and 
Gruber, 2006). For this reason, two parameters have been defined that are conservative with 
respect to changes in state and can thus be used in ocean carbon models. These are DIC and 
Total Alkalinity (TA) and are defined by the following equations: 
 
 
                                            
         
       
                                                         














         
        
            
              
          
            
  
          
                  
                
                                                                                                                     
 





Together these carbon forms are known as DIC with bicarbonate being the most abundant 
form under current oceanic conditions (Fabry et al., 2008) (Figure 2).  
 
DIC is a conservative property as during mixing and changes in temperature, salinity and 
pressure, DIC concentration remains constant (Wolf-Gladrow et al., 2007). The TA of sea 
water is much greater than the TA of fresh water and is defined as a measure of the excess of 
bases over acids (Dickson, 1981). In equation 2.2.11 which was modified from Dickson 
(1981) by Wolf-Gladrow et al (2007), [OH-] is the concentration of the hydroxide ion and 
[B(OH)4
-
] is the concentration of the borate ion. Minor bases such as phosphate, silicate and 
sulphate usually contribute less than a percent to variations in alkalinity, and are therefore 
often neglected. Due to the minimal contribution of these ions to TA, it can be reasonably 
well approximated by:  
 
                                                          
        
                                     
 
With an exchange of CO2 between the atmosphere and the oceans there is a resulting change 
in DIC while TA remains constant (Figure 5). The concentration of carbonate and 
bicarbonate ions can be approximated by combining equations 2.2.12 and 2.2.13 and are 
reliable to about a 10% accuracy (Sarmiento and Gruber, 2006). 
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These approximations will be useful when looking at the photosynthetic influences on Ocean 
Acidification processes, as photosynthesis decreases DIC, which in turn, increases [CO3
2-
]. 
Marine calcifying organisms need surface water carbonate ion concentrations to be 
supersaturated ([CO3
2-
] > 66µmol/kg so that their shells and skeletons do not dissolve. (Orr et 
al., 2005). This demonstrates the importance of DIC and TA in determining the carbonate ion 
concentration of the ocean, and shows that for an increase in TA, [CO3
2-
] will increase. The 
influences of temperature and salinity and of photosynthesis and calcification - the physical 
and biological carbon controls will now be considered. 
 
2.2.1 Physical Processes 
 
To consider the influences of temperature and salinity on sea water pCO2, the solubility of 
CO2 in sea water (Weiss, 1974) and the apparent dissociation constants of carbonic acid in 
sea water (Mehrbach, 1973) need to be considered (Takahashi et al., 1993). The CO2 
solubility (K0) is strongly dependant on temperature (equation 7) due to gases being more 
soluble in colder water.  From Takahashi et al (1993) changes in pCO2 with temperature can 
be calculated: 
 
                                            
 
    
     
  
    
    
  
                                               
 
This equation shows the sensitivity of pCO2 to changes in temperature. With every 16°C 
increase in temperature, the pCO2 in the surface waters of the ocean doubles. Due to this 
temperature effect, the pCO2 increases (decreases) with a warming (cooling) of the water. The 
effect of temperature on oceanic pCO2 is often a controlling factor in oligotrophic regions 
where the lack of nutrients limits photosynthesis (Takahashi et al., 1993). In these regions, 
winter cooling decreases the surface water pCO2 while summer heating increases it, with the 
biological drawdown of CO2 having little effect. In nutrient rich waters such as the Southern 
Ocean, the North Atlantic and the North Pacific, summer heating results in the formation of a 
stable surface layer, which facilitates the development of phytoplankton blooms and thus the 
decrease in pCO2 (Takahashi et al., 1993) and subsequent increase in [CO3
2-
]. In these 
regions the summer photosynthetic uptake of CO2 is usually greater than the pCO2 increase 
due to warming, resulting in the effect of temperature not playing a large role in variations in 
surface water [CO3
2-
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oceans with low sea surface temperatures absorb more gas than subtropical oceans, making 
them sensitive to small variations in anthropogenic CO2 (Egleston et al., 2010).  
 
The influence of salinity on the pCO2 is less significant than the influence of temperature on 
pCO2, as salinity is relatively constant throughout the oceans. For a salinity increase of 1 
salinity unit, the oceanic pCO2 will increase by approximately 9µatm (Sarmiento and Gruber, 
2006). The variation in oceanic salinity is approximately 7, whereas the oceanic variation in 
temperature is 30° C, and thus salinity plays a much less important role in controlling pCO2 
than temperature.  
 
2.2.2 Biological Processes 
 
The biological production of organic material and carbonate minerals together with their 
subsequent death and sinking were called the “biological carbon pumps” by Volk and Hoffert 
(1985). These pumps act to transport carbon against its concentration gradient from the 
surface waters into the deep oceans where it can be stored for 1000’s of years. Most of the 
sinking organic material and carbonate minerals are remineralised by heterotrophic organisms 
in the upper water layers, returning DIC and nutrients to the surface waters. Only a small 
percentage of the organic carbon and minerals sink below the thermocline before they are 
remineralised. Some of this carbon is remineralised in the deeper layers and a small amount is 
stored in the deep oceans as DIC. These important processes create a DIC gradient, with 
lower DIC at the surface and higher DIC at depth.  
 
The first and most important biological process that influences the ocean DIC is 
photosynthesis. This can only take place in the upper, sunlight layers of the ocean as 
photosynthesis is light dependant. Photosynthesis occurs through primary production which 
is the uptake of CO2 and nutrients to form organic matter, from which all organisms on earth 
are made. The five major elements necessary for photosynthesis are C, O, N, H and P 
(Redfield, 1963) ). The concentrations of C, O and H are usually sufficiently high so that they 
are never a limiting factor for photosynthesis. Elements that can sometimes result in the 
limitation of photosynthesis are referred to as nutrients. Depending on their relative 
concentrations in organisms, nutrients can be divided into macronutrients (N and P) and 
micronutrients (trace elements), (Sarmiento and Gruber, 2006). Both macronutrients and 
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prevent biological production. The commonly used formula to describe marine 
photosynthesis uses the balance coefficients of A. C. Redfield who was one of the first 
scientists to work out the relative proportions of each nutrient necessary for photosynthesis 
(Redfield, 1963).  
 
                                                   
     
             
 
                                                                                                  
 
The reverse process is known as respiration, which is the breakdown of organic compounds 
which consumes oxygen and forms CO2 and nutrients, increasing the concentration of DIC. 
Nutrient stoichiometry is often used in biogeochemistry to estimate the utilisation of one 
nutrient from another. The Redfield nutrient ratios are still commonly used, although there 
have been studies since then questioning their accuracy (for example: Anderson and 
Sarmiento, 1994; Giddy et al., 2012; Takahashi et al., 1985). Anderson and Sarmiento (1994) 
examined the nutrient changes due to biological activity between 400 and 4000m in the South 
Atlantic, Indian and Pacific oceans, where they found the general C:N:P ratio (in the absence 
of denitrification) to be 117:16:1. The Redfield N:P ratio of 16 is an average approximation 
for diverse oceanic phytoplankton assemblages that have a variety of growth strategies and 
oceanic conditions (Arrigo, 2005). Arrigo (2005) show how phytoplankton have three 
different growth strategies which influence their N:P ratios, none of which were found to be 
16. This must be considered when using nitrate concentrations to estimate primary 
production.  
 
Photosynthesis is central to the marine carbon cycle as it enables the conversion of DIC into 
organic carbon in the surface layers of the ocean.  The organic carbon or soft tissue pump 
results in the net uptake of CO2 and nutrients in the euphotic zone and the subsequent sinking 
of carbon in the form of Particulate Organic Carbon (POC). Without this biological uptake 
and transport of nutrients and carbon, the nutrient and carbon concentration in the oceans 
would be almost constant throughout the ocean. 
 
Photosynthesis decreases DIC in the surface waters while respiration increases DIC. 
Photosynthesis also affects TA through the utilisation of free protons (Figure 5). The 
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(16/117) increase in TA (from the N/C ratios of Anderson and Sarmiento, 1994). Most of the 
protons during photosynthesis are used to convert nitrate to organic nitrogen. This increase in 
TA as a result of nitrate uptake can be accounted for by subtracting the value of nitrate that 
was utilised during photosynthesis, from TA, as a 1 mol decrease in nitrate results in a 1mol 
increase in TA (Goldman and Brewer, 1980). Thus, the organic carbon pump causes a 
decrease in DIC and an increase in TA at the surface, and an increase in DIC and a decrease 
in TA in the deeper waters through the remineralization of organic matter. 
 
The second biological process which influences oceanic DIC is the formation and dissolution 
of calcium carbonate minerals. The formation of calcite and aragonite minerals occurs in the 
upper layers of the ocean due to the three main groups of calcifying organisms: 
coccolithophorids, foraminifera and Thecosome pteropods. Coccolithophorids are a group of 
phytoplankton that form an outer armour of CaCO3 plates called coccoliths (). These plates 
are formed inside the organism and can be replaced as frequently as once every 15 minutes. 
Currently, coccolithophorids are responsible for approximately a third of the total marine 
calcium carbonate formation (Iglesias-Rodriguez et al., 2008) and are abundant in the North 
Atlantic and North Pacific oceans as well as in many coastal and shelf regions (Iglesias-
Rodriguez et al., 2002). Foraminifera and pteropods are zooplanktonic organisms that form a 
major link in the marine food chain by consuming smaller planktonic species while being 
prey for animals. Foraminifera make CaCO3 skeletons from the mineral calcite, and have 
been shown to be responsible for between 23-56% of the total open marine CaCO3 flux 
(Schiebel, 2002). Pteropods are the main aragonite calcifying organisms in the Southern 
Ocean, influencing the density biomass and trophic structure of the Antarctic ecosystem 
(Hunt et al., 2008). These molluscs are important as both prey items for larger zooplankton, 
pelagic fish and some sea birds and as consumers of the smaller plankton and crustaceans. 
They also contribute > 50% to the carbonate flux south of the Polar Front due to the rapid 
sinking of their CaCO3 shells (Hunt et al., 2008). The ballasting properties of their shells 
make them significant contributors to the organic carbon flux (Hunt et al., 2008). Very few 
studies have been done on the life cycles of pteropods, especially the Southern Ocean species. 
It is believed that they are protandrous hermaphrodites that survive for 1-2 years producing 
two generations per life cycle. Pteropods are key organisms in the Southern Ocean and their 
ability to survive increasing CO2 and decreasing [CO3
2-
] predicted for this century is of great 
concern. Their possible northward migration or decline will likely impact the Southern Ocean 
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approximately 50% less stable than calcite (Mucci, 1983), suggesting that aragonite calcifiers 
(such as the pteropods) will be the first to be affected by ocean acidification. Marine 
calcifying organisms form their calcium carbonate skeletons and shells according to the 
following equation: 
 
                                                
                                                       
 
The formation and dissolution of calcium carbonate changes DIC and TA by 1 and 2 units 
respectively (Figure 5). Calcifying organisms form calcium carbonate in the surface waters, 
decreasing DIC and TA in a 1:2 ratio. When these organisms die, they sink and are mostly 
dissolved in the water column which increases DIC and TA in the deeper waters. The 
formation of CaCO3 and its subsequent sinking and dissolution, transports DIC and TA from 
the surface waters downwards, a process known as the carbonate pump (Sarmiento and 
Gruber, 2006). The carbonate pump therefore results in an increase in the surface water 
concentration of aqueous CO2, and for this reason has also been termed the Carbonate 
counter pump (Figure 3) (Rost and Riebesell, 2004). The relative strengths of the organic 
carbon and the carbonate pumps have a large influence on the atmosphere-ocean CO2 flux. 
This ratio of particulate inorganic carbon to organic carbon in exported biogenic matter is 
known as the rain ratio (Rost and Riebesell, 2004). A rain ratio of above 1 indicates that 
calcification is greater than photosynthesis, which will result in decreased [CO3
2-
], and the 









































Figure 3. Schematic to show the oceanic biological carbon pumps: the organic carbon pump which 
decreases CO2 in the surface water and transports it to depths and the calcium carbonate pump which 
releases CO2 into the ocean surface layers. The relative strengths of these two processes (rain ratio) 




2.2.3 Carbonate saturation state 
 





 as well as their concentrations in equilibrium with the mineral calcium 
carbonate (Royal-Society, 2005) ). The product of the concentrations of these ions in their 
saturated state is known as the calcium carbonate stoichiometric solubility product (   
     ), 
(Mucci, 1983), which can be calculated by: 
 
 
                                                         
           
         
                                                  
 
where     
       and    
       are the equilibrium concentrations of carbonate and calcium. 
The solubility product for aragonite and calcite differ due to the chemical structure of the 
calcium carbonate crystals, resulting in aragonite being 50% more soluble than calcite. The 
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calculated at a pressure of 1atmosphere as in Sarmiento and Gruber (2006) using the 
equations of Mucci (1983): 
 
     
         
           
        
 
                       
             
       
 
              
 
                        
 
        
                                               
 
 
     
                  
        
 
                       
            
      
 
              
 
                        
 
   
                       
 
where Ksp is in (mol/kg
2
),  T is the temperature in Kelvin and S is the salinity in psu. From 
these equations it can be seen that the solubility product increases as salinity increases. With 
an increase in salinity, the ionic strength of the solution is increased, causing a subsequent 
decrease in the ion activity coefficients of the calcium and the carbonate ions (Mucci, 1983). 
Interestingly, the solubilities of calcite and aragonite decrease with increasing temperature, 
causing them to be more soluble in colder, deep water and in high latitude regions where 
surface waters are colder (Sarmiento and Gruber 2006). The saturation state is dependent on 
the solubility product and is defined as the product of solutes over the product of solutes at 
saturation (the solubility product). It is a measure of how saturated the water is with respect 
to calcium carbonate. 
 
                                                          
    
         
   
     
                                                              
 
where     
    and        are the observed concentrations of carbonate and calcium ions. 




 can be calculated from measurements of DIC and TA, 
but are also dependent on the water temperature and salinity (Mehrbach et al., 1973). As 
[Ca
2+
] is abundant in sea water, and varies much less than the [CO3
2-
], for conceptual 
purposes [Ca
2+
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This is a useful simplification as it is just the observed calcite concentration over the 
saturated calcite concentration, where the observed calcite concentration can be approximated 
by the concentrations of DIC and TA (equation 2.2.14). Water is assumed to be 
supersaturated with respect to calcium carbonate when Ω > 1 and undersaturated when Ω < 1. 
The solubility of calcium carbonate increases with decreasing temperature and increasing 
pressure (Royal-Society, 2005). This means that at a certain depth where Ω = 1 (the isocline) 
calcium carbonate formation will equal dissolution, and below this depth calcium carbonate 
will dissolve. There are two views on calcification chemistry that are explained in Roleda et 
al (2012). One is that calcifying organisms are not reliant on Ω > 1 for calcification as they 
are able to use HCO3
2-
 or CO2 for calcification (Nicol 1960; Raven, 2011) and the other is 
that calcifiers rely on CO3
2- 
ions and therefore require Ω > 1
 
for calcification. Should the first 
view be correct, calcifiers may be able to calcify in waters where Ω < 1, but they will likely 
begin to experience shell dissolution (Bednarsek et al., 2012) and will thus still be affected by 
undersaturated waters. 
 
The calcite and aragonite isoclines vary extensively throughout the ocean. The calcite 
isocline is found at around depths of 4500m in the North Atlantic and above 1000m in the 
North Pacific, while the aragonite isocline can be up to 1000m shallower (Sarmiento and 








































Figure 5. Effects of various processes on DIC and TA (arrows), taken from Zeebe and Wolf-Gladrow 
(2001). Solid and dashed lines indicate levels of constant dissolved CO2 in µmol kg
-1
 and pH 
respectively as a function of dissolved inorganic carbon (DIC) and total alkalinity (TA). 
 
 
 Surface water DIC and TA and hence [CO3
2-
] are controlled by the air-sea flux of CO2, 
photosynthesis/respiration, calcification/dissolution, dilution from fresh water inputs, and 
upwelling processes, where deeper waters have higher DIC and TA. There is agreement 
between studies that the h gh latitude Southern Ocean is particularly vulnerable to climate 
change as it has below freezing water temperatures (Schrӧder and Fahrbach, 1999), high 
Revelle factors (Sabine et al., 2004) and upwelling DIC rich waters (Deacon, 1979; Orsi et al., 
1993). Combined with increasing atmospheric pCO2, the surface waters of the Southern 
Ocean will likely become undersaturated with calcium carbonate between 2030-2050 
(McNeil and Matear, 2008; Orr et al., 2005). This may result in a decline in Southern Ocean 
pteropods, their northward migration and ultimately in their decline (Hunt et al., 2008). A 
decrease in these zooplankton species will have significant ecological impacts as the trophic 
structure of this ecosystem as well as the Southern Ocean CO2 uptake will be affected (Hunt 
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2.2.4 The Revelle Factor 
 
Revelle and Suess (1957) showed how the increase in the pCO2 of sea water is about 10 times 
higher than the increase in total CO2 when CO2 is added. This affect was attributed to the 
“buffer” capacity of the ocean which has since been termed the Revelle Factor after Roger 
Revelle. The Revelle or “buffer” Factor quantifies the sensitivity of CO2, H
+
, and aragonite 
and carbonate saturation state (Ω) to changes in DIC and TA (Egleston et al., 2010). Due to 
the Revelle Factor, changes in oceanic pCO2 are dependent on the absolute values of DIC and 
TA and can be approximated as in Sarmiento and Gruber (2006) by: 
 
                                       
               
                  
                                                       
 
where      is the Revelle factor. The ability of the oceans to take up excess CO2 is inversely 
proportional to the Revelle Factor, so regions with low Revelle Factors have high uptake 
capacity, while regions with a high Revelle Factor have a low uptake capacity (Sabine et al., 
2004). The global variation in the surface oceans buffering capacity can be seen in figure 4. 
High latitude regions where Revelle Factors are high are more susceptible to small variations 
in CO2, as a small increase in DIC will result in a substantial increase in pCO2. The opposite 
can be said for low latitude regions with lower Revelle factors, where large changes in DIC 
result in small changes in the pCO2. Current Revelle Factors have increased by approximately 
one unit since the industrial r volution (Sabine et al, 2004), suggesting that as excess CO2 
increases the DIC of the surface oceans, the oceans buffering capacity will decrease, 









































Figure 4. Map of the 1994 distribution of Revelle factor, (dPCO2/dDIC)/ (PCO2/DIC), averaged for 
the upper 50m of the water column (Sabine et al, 2004). 
 
 
 2.3 Seasonality 
Productivity and hence carbon dynamics in much of the Southern Ocean, especially the 
seasonal ice zone (MIZ) are characterised by a strong seasonal cycle (Thomalla et al., 2011). 
The seasonal cycle influences ocean productivity, as it links climate forcing to the ecosystem 
response (Thomalla et al., 2011). The seasonality of the Southern Ocean was investigated by 
Gordon (1981), in which he explained that both summer heating as well as the upwelling of 
warm, sub-surface water are the major mechanisms that cause the sea ice to melt, resulting in 
the subsequent formation of a stratified upper water column, alleviating light limitation and 
facilitating phytoplankton blooms. Within the Southern Ocean variability in the seasonal 
cycle has been observed (Thomalla et al., 2011), which in turn causes variability in marine 
productivity and in the surface water [CO3
2-
]. It is therefore crucial to understand the regional 
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especially in the Southern Ocean where seasonality is predicted to amplify the effects of 
Ocean Acidification (McNeil and Matear, 2008).  
 
In the Southern Ocean, sea ice surrounds the Antarctic continent during winter. Surface 
waters begin to freeze in March, with sea ice reaching a maximum extent by September and 
then rapidly melting during December (Kimura and Wakatsuchi, 2011; Maykut, 1984). This 
creates a strong seasonal cycle where, during winter, strong winds result in Ekman transport 
and in the upwelling of Circumpolar Deep Water (CDW) that is capped by sea ice, limiting 
gas exchange. Summer heating melts the sea ice, decreasing the salinity and increasing the 
temperature of the surface water (Gordon, 1981). This has been shown to result in the 
Southern Ocean being a winter source and a summer sink region for atmospheric CO2 
(Takahashi, 1993). The timing of summer bloom initiation is critical in the Marginal Ice Zone 
(MIZ) of the Southern Ocean, where bloom initiation during the first two weeks of December 
is optimal (Thomalla et al., 2011). The seasonal cycle has also been shown to influence the 
calcite saturation of the Southern Ocean waters, where increased DIC during winter will 
likely hasten surface water aragonite undersaturation (McNeil and Matear, 2008).   
 
 
2.4 The Weddell Gyre 
 
The Weddell Sea circulation is characterised by the elongate cyclonic Weddell Gyre 
(Carmack and Foster, 1977; Deacon, 1979). The Weddell Gyre (WG) is bound on the north 
by the Scotia Ridge, on the south by the Antarctic continent, on the west by the Antarctic 
Peninsula and extends eastward to between 20° and 30° E (Figure 6) (Carmack and Foster, 
1977; Orsi et al., 1993). At around 58°S, the WG flows eastward, with the southern extent of 
the Antarctic Circumpolar Current (ACC). At around 20° E the flow turns southwards, 
towards Antarctica, forming the lesser structured eastern limb of the Weddell Gyre (Orsi et 
al., 1993). The gyre then joins the westward flowing Antarctic Coastal Current until around 
27° to 30°W where the current splits, one branch flowing south-westwards towards the 
Filchner and Ronne Ice Shelves, and the other branch following the western boundary of the 
Antarctic Continent (Orsi et al., 1993). The Weddell Gyre transports salt and heat from the 















Figure 6. Map of the Weddell Gyre and neighbouring areas adapted from Hoppema et al (2002). The 
study regions are shown in blue (Ice shelf region) and green (Weddell open ocean region).  
 
 
2.4.1 Water masses 
There are four major water masses within the Weddell Sea that are classified according to 
their thermohaline properties. These water masses as defined by Orsi et al (1993) are: Surface 
waters, Circumpolar Deep Water (CDW), Weddell Sea Deep Water (WSDW) and Weddell 
Sea Bottom Water (WSBW). With the exception of CDW, all of the other water masses are 
formed locally within the Weddell Sea. Salty, warm, DIC-rich CDW is advected into the 
eastern section of the WG (Deacon, 1979; Orsi et al., 1993). This CDW is a mixture of North 
Atlantic Deep Water, from which it receives its high salinity values, and deep waters from the 
Indian and the Pacific Oceans, giving CDW its characteristic low oxygen and high DIC 
concentrations (Schmitz, 1995; Whitworth and Nowling, 1987). After entering the WG, 
CDW is referred to as Warm Deep Water (WDW) by Carmack and Foster (1975a), or as 
Weddell Deep Water (WDW) by Gordon and Huber (1995). The WDW represents the 
Antarctic 
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warmest (t > 0.2°C) and one of the saltiest (S >34.6) water masses within the WG and is 
found between 200-800m depth (Orsi et al 1993). This warm water travels south-westwards 
with the gyre circulation and is modified through mixing with surrounding waters masses as 
it upwells within the gyre, becoming Modified Warm Deep Water (MWDW) (Whitworth and 
Nowling, 1987; Orsi et al., 1993). The dominant winds above the WG result in divergent 
Ekman transport of the surface waters and in the upwelling of WDW at the centre of the gyre 
(Gordon et al., 1981). WDW is a source of heat and salt to the icy waters of the WG, acting to 
melt sea ice and increase the salinity and the DIC of the surface water layers (Gordon et al., 
1984). 
 
The seasonally-driven surface waters of the WG are fresher and colder than the WDW below 
as a result of air-sea and sea-ice interactions (Orsi et al., 1993). The surface layers (up to 
depths of 200 to 300m) of the WG show strong seasonality and consist of Summer Surface 
Water (SSW), Winter Water (WW) and Ice Shelf Waters (ISW), (Carmack and Foster, 
1975a; Carmack 1977; Schrӧder and Fahrbach, 1999). During summer, the surface waters of 
the WG are warmed 1° to 4° C above freezing and diluted by fresh water from sea ice melt. 
This forms a warmer, fresher and hence less dense layer of water capping the cold, saltier 
WW with a strong, seasonal halocline, increasing the stratification of the upper water column 
(Carmack and Foster, 1975a; Jones et al., 2010). The formation of this fresh surface layer 
creates vertical stability, providing a well-illuminated environment allowing for the growth of 
phytoplankton (Smith and Nelson, 1986). Hoppema et al (1995) suggest that it is the stability 
of the water column through sea ice melt rather than the temperature increase that is the 
pivotal factor for the initiation of phytoplankton growth during summer. The formation of sea 
ice as well as deep overturning during winter results in thermohaline convection, and in the 
formation of WW which lies below the seasonal pycnocline (Mosby, 1934; Carmack and 
Foster, 1975; Carmack and Foster 1977). WW water is well mixed as a result of winter 
storms and is characterised by a virtually isothermal temperature minimum layer in the water 
column (Jones et al., 2010). Brine rejection during sea ice formation slightly increases the 
salinity of WW. This water type is variable as its properties are dependent on the extent of the 
previous winter’s ice-formation and minimum temperatures. Foster and Carmack (1976b) 
defined WW as the surface water with temperatures of -1.8 to -1.6°C and salinities of 34.64-
34.68psu. The winter mixed layer as characterised by Gordon and Huber (1984), has a mean 
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of 108m. Jones et al (2010) and Geibert et al (2010) identify the winter mixed layer that 
marks the remnant of WW as the depth where the potential temperature is at a minimum, 
below the warmer surface layer. Much of the WG is covered by ice during winter, prohibiting 
the surface waters from interacting with the atmosphere (Bakker et al, 1997), which suggests 
that the WW below the ice will contain its winter properties unless influenced by sub-surface 
waters.   
 
2.5 Empirical data 
 
The under-sampling of much of the oceanic surface waters with respect to carbon (Monteiro 
et al., 2010) has resulted in the use of empirically calculated oceanic carbonate parameters 
(eg. Millero et al., 1998; Lee et al., 2006; McNeil and Matear, 2008; Lenton et al., 2012). The 
distribution of TA in the oceans has been shown to follow that of salinity as they are both 
mainly affected by the addition or removal of fresh water, and hence the ratio of TA to 
salinity is almost constant (Millero et al., 1998). Millero et al (1998) were the first to estimate 
salinity normalised TA from SST data, which has since been shown to be subject to error due 
to the method of salinity normalisation (Friis et al., 2003). Lee et al (2006) using 5692 data 
points derived regional correlations of TA with sea surface temperature (SST) and salinity 
(SSS). They found that a second-order polynomial model provided the most accurate results 
with the use of specific constants depending on which oceanic region is being studied. For the 
Southern Ocean where 33 < SSS < 36 the following equation has been derived: 
 
                                                                            
           (eq. 2.5.1) 
 
Lenton et al (2012) used more than 4.4 million observations of SST and SSS to reconstruct 
surface water TA values for different regions of the world’s oceans using the equations of 
Lee et al (2006). They found acceptable comparisons between calculated and observed TA 
for many oceanic regions, especially in the Southern Ocean. Empirical studies are important 
as they provide a means of predicting the possible effects of anthropogenic CO2 increase on 
the oceanic absorption of CO2 (Lenton et al., 2012) as well as on the seasonal variability in 
the calcium carbonate saturation state of our oceans, especially in the light of climate change 
















2.6 Aims and key questions 
 
 
 What controls the seasonal and interannual variability in surface water carbonate ion 
concentration at the Eastern Weddell Gyre ice shelf? 
 
The Southern Ocean summer photosynthetic drawdown of CO2, facilitated by the formation 
of a stratified surface layer of ice melt water has been noted by previous studies (Takahashi et 
al., 1993; Sabine and Key, 1998; Hoppema, 2004; Bakker et al., 2008), and is the primary 
mechanism by which summer surface water aragonite saturation state (Ωarag) is increased 
from its minimum winter value (McNeil and Matear 2008). McNeil and Matear (2008) 
propose that understanding how seasonality affects Ocean Acidification processes in the 
Southern Ocean south of the Polar Front is vital, as the timing of detrimental carbonate 
conditions may be dramatically changed. We aim to analyse the primary processes that 
influence the seasonal cycle of Ωarag, as well as the processes that cause interannual 
variability in surface water Ωarag at the Eastern Weddell Gyre ice shelf. 
 
Continuous in situ surface water fCO2, salinity and temperature data, collected during the 
early and late Austral summers of 2008/2009, 2009/2010, 2010/2011 and 2011/2012 aboard 
the r/v SA Agulhas, will be used to calculate surface water Total Alkalinity, using the 
algorithm of Lee et al (2006). Surface water Dissolved Inorganic Carbon, Revelle Factor, 
carbonate ion concentration, calcite and aragonite saturation state, and pH using the CO2Sys 
programme (Lewis and Wallace, 1998), with constants K1 and K2 from Mehrbach et al (1973) 
refit by Dickson and Millero (1987). The seasonal and interannual variability in these carbon 
parameters will be analysed to determine the current controls on the surface water marine 
carbonate system at the Eastern Weddell Gyre ice shelf. 
 
 Ecosystem implications of Ocean Acidification 
 
Decreasing surface water carbonate ion concentrations [CO3
2-
] will likely affect the ice shelf 
and Eastern Weddell Gyre (EWG) ecosystems before aragonite undersaturation is reached 
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2005; Bednarsek et al., 2012). This is as a result of the increased energy needed for calcifying 
organisms to calcify as [CO3
2-
] decreases, resulting in a likely decrease in growth and 
reproductive success, with unknown ecosystem implications. Pteropods are key organisms in 
the Antarctic ecosystem (Hunt et al., 2008) and it is therefore vital to understand how 
variations in the seasonal cycle affect surface water [CO3
2-
] and thus the pteropods. 
 
 
 Will the Southern Ocean Thecosome Pteropods survive this century? 
 
The periodic aragonite undersaturation (Ωarag < 1) of Southern Ocean surface waters is 
predicted to occur by the middle of this century (Orr et al., 2005) or sooner (McNeil and 
Matear, 2008). Increasing anthropogenic CO2 increases the DIC of surface waters, making 
them increasingly sensitive to local variations in Dissolved Inorganic Carbon and Total 
Alkalinity especially in high latitude oceans (Egleston et al., 2010), suggesting that regional 
scale Ocean Acidification studies are important. Whether or not the Thecosome Pteropods 
will survive this century largely depends on seasonal primary production and how it may 
change in a changing climate. Here we analyse three future ice shelf seasonal ice thaw 
scenarios: Early sea ice thaw, Late sea ice thaw and “Normal” sea ice thaw. Surface water 
fCO2 is increased by 160µatm (predicted for the middle of this century) and is doubled 




























Data were collected during the 2008/2009, 2009/2010, 2010/2011 and 2011/2012 SANAE 
cruises, aboard the polar supply and research ship, SA Agulhas. All four cruises had the same 
general cruise track, although their dates and coordinates differed slightly (Table 1). The r/v 
SA Agulhas left Cape Town during December and sailed along the GoodHope line to 
Antarctica, arriving at the Antarctic ice shelf between 0-10°W in late December/early 
January. The r/v SA Agulhas remained at the Antarctic ice shelf for a period of up to two 
weeks (ice station 1). The r/v SA Agulhas then left the Antarctic ice shelf in January, sailing 
through the Weddell Sea to South Georgia Island (northward leg of the Buoy Run). The r/v 
SA Agulhas returned to the Antarctica ice shelf (0-10°W) during late January/February 
(Southward leg of the Buoy Run) where it remained for two to four weeks, completing the 
second ice station samples. During all years the r/v SA Agulhas left Antarctica during 
February to sail back along the GoodHope line to Cape Town.  
Continuous underway surface data was collected during all four cruises, while underway 
surface station data was collected during SANAE 49, 50 and 51. Underway UCTDs were 
deployed during the SANAE 49, 50 and 51 cruises when there were ice free conditions that 
allowed for a safe retrieval of the UCTD probe. The only temporal data sets collected during 
the SANAE cruises were time series collected along the Antarctic Ice Shelf during the first 
and second ice stations.  
 
Table 1. Dates of the legs of the four SANAE cruises, with leg 1 from cape town to Antarctica, leg 2 
at the Antarctic ice shelf, leg 3 from Antarctica to South Georgia Island, leg 4 from South Georgia 
Island to Antarctica, leg five t the Antarctic ice shelf and leg six from Antarctica to Cape Town. 
Cruise leg 1 leg 2 leg 3 leg 4 leg 5 leg 6 
SANAE 48 (2008-2009) 23 Dec-4 Jan 5-25 Jan 26 Jan-1 Feb 2 Feb-9 Feb 10-20 Feb 21 Feb-5 Mar 
SANAE 49 (2009-2010) 9-22 Dec 1-16 Jan 16-24 Jan 25 Jan-2 Feb 2-13 Feb 13-23 Feb 
SANAE 50 (2010-2011) 8-19 Dec 20-31 Dec 1-10 Jan 10-20 Jan 21 Jan-1 Feb 5-16 Feb 
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The data that will be analysed in this study was collected during legs 2, 3, 4 and 5 of all the 
SANAE cruises. Legs 1 and 6 will not be analysed during this study. Although legs 3 and 4 
extend all the way to South Georgia Island (54.5°S 37°W), the data north of 58°S will not be 
investigated in this study as the boundary between the Weddell Gyre and the Antarctic 
Circumpolar Current lies at approximately 58°S. The four Cruise tracks showing the data for 
this study can be seen in figure 9. This data was separated into two data sets: Ice Shelf (IS) 
data which was collected between 71-68°S 4°E-14°E and Eastern Weddell Gyre (EWG) data 
collected between 68-58°S 4°E-30°W (Figure 9).  
 
3.1 Station sampling 
Discrete underway station samples were collected every 4 hours, increasing to every 2 hours 
in frontal regions during the northward and southward legs of the SANAE 50 and SANAE 51 
Buoy Run. Measurements of surface water Total Alkalinity (TA), Dissolved Inorganic 
Carbon (DIC), salinity, nutrients and chlorophyll a fluorescence were collected at these 
stations, but unfortunately the TA and DIC data collected during SANAE 51 will not be used 
as the CRM’s differed by approximately 20µmol/kg at the beginning and the end of each 
sample run, suggesting inaccurate values. Water was collected from the uncontaminated 
underway surface sea water lab supply (from the Fe fish) or from the uncontaminated 
underway supply in the engine room, when sea ice limited the deployment of the Fe fish. 
Salinity, DIC and TA were all analysed on board. Nutrients were analysed  on board during 
the SANAE 50 cruise while for SANAE 51 water was stored in nutrient vials and 
immediately frozen. These vials were then thawed and analysed back in the laboratory.  
 
High resolution vertical profiles of potential temperature and salinity were obtained on the 
downcast of conductivity, temperature, depth (CTD) sensor (SeaBird 911plus). CTD casts 
were conducted at the Antarctic ice shelf during leg 2 of SANAE 49, 50 and 51 and leg 5 of 
SANAE 50 and 51. Ice shelf CTD’s were deployed twice a day at approximately mid-day and 
mid-night during SANAE 51. During SANAE 50 ice shelf CTDs were deployed daily at 
8pm. All ice shelf CTDs were deployed to the maximum depth of the sea floor of 
approximately 250-400m. A line of CTDs was also completed during the Buoy Run to South 
Georgia Island within the EWG on legs 3 and 4 during SANAE 49 and on leg 4 during 
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9:00 and 21:00 hours daily. The SANAE 50 Buoy Run CTDs were deployed every 2 hours to 
a depth of 500m. TA, DIC, salinity, nutrient and chlorophyll a fluorescence data were 
collected from a sampling carousel of 24 x 12 litre Niskin bottles attached to the CTD and 
closed at varying depths during the upward cast. The bottles were closed at depths as to best 
capture surface features such as the thermocline and the chlorophyll a maximum. An 
auxiliary fluorometer sensor attached to the CTD measured vertical chlorophyll a 
fluorescence which was later compared to the chlorophyll a fluorescence measured from the 
CTD bottle samples. 
 
The UCTD is an underway CTD probe that allows for the collection of temperature and 
salinity profiles from the surface up to depths of 400m. This instrument was deployed 
approximately every 2 hours on the Buoy Run when there were ice free waters, during the 
SANAE 49, 50 and 51 cruises. During the SANAE 50 cruise, CTD stations were conducted 
every 2 hours on the southward leg of the Buoy Run which were alternated with the UCTD 
stations. The conductivity cell was damaged on the SANAE 49 cruise and thus SANAE 49 
contains no UCTD salinity data. The UCTD data for SANAE 51 was unfortunately 
unavailable for this study. CTD and UCTD data was used to calculate MLD at the ice shelf 
and along the Buoy Run transect as well as to investigate sub-surface waters. 
 
 
3.2 Continuous surface measurements of fCO2, SST, salinity and 
chlorophyll a fluorescence 
 
Fugacity of carbon dioxide (fCO2) was determined quasi-continuously in surface water and in 
the marine atmosphere with an underway, General Oceanics equibrator-based system with a 
Li-COR LI-7000 infra-red gas analyser, designed after Wanninkhof and Thoning (1993) and 
described by Pierrot et al, (2009). Four reference gases of known CO2 partial pressure (pCO2) 
were used: 0.00, 357.32, 377.8 and 427.83ppm, which were provided and cross-calibrated to 
international standards by the GAW station at Cape Point. Once every six hours the 
instrument cycle returned to these gases followed by atmospheric measurements. Sea water 
was drawn from about 5m depth at the ships keel, while marine air was continuously pumped 
from the crow’s nest. The sea water was directed into a chamber (the equilibrator) where the 
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2009). This gas was then pumped through a non-dispersive infrared analyser which 
instantaneously measures the CO2 mole fraction (xCO2) of the gas. Regularly, atmospheric 
air was pumped through the analyser and its CO2 mole fraction was determined.  
 
Ancillary instruments logged onto the underway pCO2 analyser include a GPS and 
atmospheric pressure probe situated 5m above the Licor and equilibrator in a deck housing, 
intake temperature near the keel at 5m Depth, a Turner 10-AU fluorometer, a Fluke digital 
thermometer to measure the equilibrator temperature, a differential barometer to record the 
equilibrator pressure relative to atmospheric pressure, and an Idronaut multisensor that 
measures the sea surface temperature and the surface water salinity. The Idronaut 
multisensory was fitted with an oxygen optode which measured surface oxygen 
concentrations. This data supplied a surface time series of fCO2, Sea Surface Temperature 
(SST), sea surface salinity (SSS) and chlorophyll a fluorescence at the Antarctic ice shelf 
during all four cruises. 
 
3.3 Data 
For the construction of figures MATLAB R2011a, version 7.12.0.635 was used.  
3.3.1 Station sampling and nutrients  
 
Where salinity was available the potential density was calculated from vertical profiles of 
potential temperature and salinity. The Mixed Layer Depth (MLD) was calculated using CTD 
and UCTD profiles, as the depth where the potential density exceeded that measured at 10m 
by 0.03 kg m
-3
. When salinity was not available the MLD was calculated as the depth where 
the temperature exceeded that measured at 10m by 0.2 °C as in Thomalla et al (2011).  
 
WW within the Weddell Gyre has been characterised by previous studies as the winter mixed 
layer where the potential temperature is at a minimum, below the warmer surface layer (Jones 
et al., 2010; Geibert et al., 2010). To identify WW during this study, all CTD data collected 
during SANAE 50 where TA and DIC were measured was used. This included two ice shelf 
CTDs during leg 2 and all the Buoy Run CTDs collected during leg 4. The winter mixed 
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found between 50 and 180m at all CTD stations (Table 2). The measured water properties of 
the winter mixed layer were then averaged to get an accurate representation of the mean 
temperature, salinity, nutrients, TA and DIC of WW. This data was then used to calculate 
WW fCO2, carbonate ion concentration [CO3
2-
], Revelle Factor, pH, calcium carbonate 
saturation state (Ωcar) and aragonite saturation state (Ωarag), (Table 3) using the CO2Sys 
programme (Lewis and Wallace, 1998), with constants K1 and K2 from Mehrbach et al, 1973 
refit by Dickson and Millero (1987). As the CTDs during SANAE 50 were the only CTDs 
where TA and DIC were accurately measured (Table 3), these WW properties have been 
assumed to be the WW properties for the last four years during which the SANAE 48, 49, 50 
and 51 research cruises took place.  
The salinity used in this study is practical salinity which is measured in psu and therefore 
does not have units. The new Thermodynamic Equation of State (TEOS-10) uses absolute 
salinity in g/kg (IOC, 2010) which was not used in this study. Salinity samples collected from 
the uncontaminated underway lab supply and from selected depths during the CTD casts on 
SANAE 50 and SANAE 51, were stored in 250 ml salinity bottles and analysed in situ using 
a Guildline Portasal 8410A portable salinometer unit. During SANAE 50 over 400 salinity 
samples were analysed continuously throughout the cruise, while during SANAE 51 240 
salinity samples were analysed during three discrete sessions towards the end of the cruise, 
due to a limited number of sea-water standards. The measured salinity samples were then 
used to test the accuracy of the Idronaut underway conductivity sensor. The times of the 
underway stations and of the surface CTD samples taken at 5m during the CTD upcast were 
matched to the underway data to get comparable salinity data points. The underway data was 
also averaged to the nearest 10 and 20 values at the times of the stations and the CTDs to 
check if this changed the relationship. When the station salinity values were plotted against 
the continuous salinity values, the ones averaged to the nearest 10 and to the nearest 20 points 
showed R
2
 values slightly lower than those from the values chosen by matching the station 
times.  
SANAE 50 Idronaut underway salinity compared well to the Portasal salinity for legs 3 and 4 
with R
2
 = 0.99 (Figure 7a). During legs 2 and 5 there were no Portasal salinity measurements 
so the CTD salinity values at 5m depth were compared to the Idronaut underway salinity 
values. The Idronaut underway salinities were very similar to the CTD salinities during leg 2, 
with R
2
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higher than the CTD salinities and this bias in the leg 5 Idronaut underway salinity data has 
been corrected for. 
During the SANAE 51 cruise, sea ice trapped in the sea water intake disrupted the underway 
water flow causing air bubbles to get into the underway Idronaut salinity sensor during leg 2. 
This made the underway Idronaut salinity data questionable during legs 2, 3 and 4 of SANAE 
51. To correct for this the Portasal salinity values for legs 3 and 4 were interpolated with 
latitude using MATLAB R2011a, to obtain a continuous underway salinity dataset (Figure 
7b,c). A two hourly running mean was calculated for the Idronaut underway salinity values 
during leg 4 where Portasal salinity values showed similar patters to Idronaut underway 
salinity values. There did not appear to be a regular offset between the Idronaut and the 
Portasal salinity, and therefore the interpolated Portasal salinity values have been used for all 
Buoy Run stations, rather than the Idronaut underway salinity. Unfortunately due to a lack of 
salinity bottles there were no Portasal salinity samples for the SANAE 51 ice station CTDs 
and thus there is no salinity data for leg 2. The air bubbles in the Idronaut underway sensor 
seemed to be gone by leg 5 and the underway salinity values looked to be accurate, ranging 
from 33.88 to 34.35psu. The Idronaut underway salinity values for SANAE 48 and SANAE 
49 seemed to be accurate as they ranged between 33.04-34.18 and 32.9-34.32 respectively. 
Nitrate (NO3) and silicate (SiO4) were determined using the Lachat QuikChem 8500 series 2 
Flow Injection Analyser (FIA). For Nitrate the 31-107-04-1-E method was used while the 31-
114-27-1-D method was used for silicate. The FIA was used on board the r/v SA Agulhas 
during the SANAE 50 cruise, while for SANAE 51 the nutrient vials were frozen and 
analysed in the University of Cape Town’s Oceanography lab after the cruise. Phosphate 




























Figure 7. (a) Comparison between the Idronaut underway salinity data and the Portasal discrete 
salinity samples during the northward and southward legs of the SANAE 50 Buoy Run for both 
underway stations as well as surface CTD samples. Comparison between the SANAE 51 Idronaut 
continuous underway salinity data, the Portasal discrete salinity samples and the interpolated Portasal 
discrete salinity samples during (b) the northward leg and (c) the southward leg of the Buoy Run, with 
black points showing the 2 hourly running mean of the Idronaut salinity data.  
y = 0.9811x + 0.6794 
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3.3.2 Underway pCO2 system 
The LICOR analyser measures the xCO2 of the equilibrator gas which is in equilibrium with 
the xCO2 of the water. The air measured inside the analyser is dry whereas the air inside the 
equilibrator is assumed to be at 100% humidity, thus the water vapour pressure is used to 
correct the measured dry mole fraction (Pierrot et al., 2009): 
 
                                   
              
   
                                        (eq. 3.3.2.1) 
   
Where           
   
 is the CO2 mole fraction measured by the gas analyzer, the pH2O is the 
water vapour pressure at the salinity of the sea surface and at the equilibrator temperature 
(equT), and the Pequ is the pressure inside the equilibrator. Salinity is needed to calculate the 
water vapour pressure (Weiss and Price 1980). During SANAE 51 where the underway 
Idronaut salinity was shown to be inaccurate, the interpolated Portasal salinity values were 
used to calculate the      for legs 3 and 4. For legs 2 and 5 where Portsal salinity data was 
not available, the underway Idronaut salinity was used and thus this fCO2 data during leg 2 
should be viewed with caution. For the other cruises the underway Idronaut salinity values 
seemed to be accurate except during leg 5 of SANAE 50 where a bias of 0.16psu was 
corrected for. 
 
The fugacity of CO2 (fCO2) was determined through correction of the partial pressure of CO2 
(pCO2) for non-ideal behaviour (Weiss, 1974).  There was found to be a slight difference 
between the intake temperature and the equilibrator temperature for all four cruises. The 
average temperature differences were 1.39°C, 1.79°C, 1.05°C and 0.68°C for SANAE 48, 49, 
50 and 51 respectively. To correct for this temperature difference, the empirical temperature 
dependence method of Takahashi et al (1993) was used, where SST is the sea surface 
temperature:  
                                  
              
                                                    
 
 
Surface water fCO2, SSS, SST and chlorophyll a fluorescence data from the underway 
system were co-located to the station data as well as to the CTD casts. This was done as in 
Jones et al (2010), by matching the times of the stations and of the surface CTD sample taken 










 Variability of Ocean Acidification at the Ice Shelf in the Eastern Weddell Gyre  
43 
 
was periodically blocked by ice trapped in the sea water intake and thus there are gaps in the 
data. Chlorophyll a fluorescence data periodically showed a strong diurnal cycle which is 
indicative of fluorescence quenching, a decrease in the fluorescence quantum yield that is 
commonly observed in the daytime when solar radiation is at its maximum (Sackmann et al., 
2008; Frajka-Williams et al., 2009). Fluorescence quenching was highest when conditions 
were calm, with higher productivity and a stratified upper water column (eg. SANAE 51, leg 
2, Figure 8a). To correct for this daytime fluorescence quenching the night time data (10pm 
to 2am) was averaged and then interpolated to get an estimate of chlorophyll a fluorescence 
during the study, from which phytoplankton blooms can be identified. 
 
3.3.3 Total alkalinity and dissolved inorganic carbon 
Samples for the determination of total dissolved inorganic carbon (DIC) and total alkalinity 
(TA) concentrations were collected during the underway surface stations as well as from the 
uncontaminated Niskin bottles at a multitude of depths during CTD casts during the SANAE 
50 cruise. Ship based analysis samples were stored in 500 ml bottles with 200 μL of 50 % 
HgCl (Mercuric Chloride) solution. These samples were analysed in situ using the Marianda 
Versatile Instrument for the determination of total inorganic carbon and titration alkalinity 
(VINDTA 3C). VINDTA determines the TA by potentiometric titration and from the same 
sample measures the DIC coulometrically. Certified Reference Materials (CRM’s) were run 
before and after each batch and every fifth sample was run as a duplicate to determine the 
accuracy and the reproducibility of the VINDTA. Once the nutrient data was processed, raw 
TA and DIC data were post-calibrated using the MATLAB script (VINDTA_CALCALK) by 
van Hoven. Accuracy of the TA data was 6µmol/kg and the accuracy of the DIC data was 
5µmol/kg.  
Surface TA and DIC were normalised to the salinity of Winter Water (WW), in order to 
correct for effects of dilution, as was done by Jones et al (2010). The salinity correction 
method proposed by Friis et al (2003) was used, as it is the recommended method if the 
salinity range of the data is large. The natural slope of the SANE 50 TA and DIC data when 
plotted against salinity was used to find the x intercept (TAS=0 and DICS=0). Both TA and DIC 
showed a positive salinity relationship, with TAS=0 = 176µmol/kg and DICS=0 = 708µmol/kg. 
These are similar to the values used in Jones et al (2010), where they used TAS=0 = 
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calculate salinity normalised TA (nTA) and salinity normalised DIC (nDIC), where S is the 
observed salinity and Sref is the salinity of Winter Water, found in this study to be 34.33psu 
(Table 2)  
                                                       
            
 
                                      (eq. 3.3.3.1 ) 
A similar equation was used to calculate nDIC. 
 
3.3.4 Empirically calculated carbon data 
An optimal second order polynomial fitting TA data to sea surface salinity (SSS) and sea 
surface temperature (SST) was created for each ocean basin by Lee et al (2006). In this study 
the equation of Lee et al (2006) with the constants suggested for the Southern Ocean region 
was used to empirically calculate surface water TA (see eq. 2.6.1). First the continuous SSS 
and SST data from the underway pCO2 analyser was checked against the surface station, 
surface CTD and surface UCTD data for SANAE 49, 50 and SANAE 51, where data was 
available (see section 3.1) 
The corrected SSS and SST data were then used to empirically calculate surface water TA for 
legs 2, 3, 4 and 5 of all four SANAE cruises. To determine the accuracy of the calculated 
total alkalinity, the TA calculated from SSS and SST during the SANAE 50 Buoy Run were 
compared to the in situ station and surface CTD measured TA from the VINDTA 
potentiometric titration. This was done as in Jones et al (2010), by matching the times of the 
stations and of the surface CTD samples taken at 5m during the CTD upcast, to the 
continuous surface underway data. The underway data was also averaged to the nearest 10 
and 20 values at the times of the stations and the CTDs to check if this changed the 
relationship. When the calculated TA was plotted against the measured TA, the ones 
averaged to the nearest 10 and to the nearest 20 points showed R
2
 values slightly lower than 
the ones chosen by matching the station times. Due to this the continuous data points chosen 
by matching the station times have been used to compare the calculated TA to the measured 
TA (Figure 8). Calculated TA compared well to underway station data, but not as well to the 
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remains stationary for approximately 45 minutes, and thus the surface water is mixed with 
deeper water.  
Calculated total alkalinity and the continuous underway fCO2 data were then used to 
calculate the remaining carbonate parameters necessary for an Ocean Acidification study 
using the CO2Sys programme (Lewis and Wallace, 1998), with constants K1 and K2 from 
Mehrbach et al, 1973 refit by Dickson and Millero (1987). Thus data sets of continuous 
surface water DIC, pH, Revelle Factor, carbonate ion concentration, calcite saturation state 
(Ωcar) and aragonite saturation state (Ωarag) were calculated for legs 2, 3, 4 and 5 of the  




















































Figure 8. (a) Chlorophyll a fluorescence showing the daytime fluorescence quenching in blue and the 
interpolated night time averaged fluorescence in red, with the grid lines indicating mid night, and (b) 
calculated Total Alkalinity minus measured Total Alkalinity for all Buoy Run station (circles) and 
surface CTD (triangles) data during the SANAE 50 Buoy Run, with data points collected in the study 
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Table 2. Station, winter mixed layer depth (WMLD, m), temperature (°C), salinity, nitrate (NO3, 
μmol kg−1), silicate (SiO4, μmol kg−1) and phosphate (PO4, μmol kg−1) of WW, represented by the 
winter mixed layer, for all SANAE 50 Ice Shelf and Buoy Run CTDs where TA and DIC were 
measured. 
Station Latitude Longitude WMLD  Temperature  Salinity NO3  SiO4  PO4  
Leg2 CTD 1 -70.27 -8.00 300 -1.72 34.34 27.79 123.52 1.99 
Leg2 CTD 8 -69.80 -2.60 200 -1.91 34.25 33.31 102.99 2.39 
Leg4 CTD 131 -58.50 -24.95 100 -1.23 34.25 26.28 110.28 1.82 
Leg4 CTD 133 -59.33 -24.97 100 -1.37 34.31 28.38 111.43 1.82 
Leg4 CTD 136 -60.28 -24.64 100 -1.31 34.08 26.08 102.29 1.76 
Leg4 CTD 136 -60.28 -24.64 100 -1.31 34.06 26.08 102.29 1.76 
Leg4 CTD 138 -60.87 -23.84 100 -0.84 34.10 22.43 77.95 1.68 
Leg4 CTD 139 -61.15 -23.46 80 -1.67 34.25 24.94 116.74 1.83 
Leg4 CTD 140 -61.43 -23.07 80 -1.53 34.37 26.27 117.00 1.95 
Leg4 CTD 142 -62.00 -22.29 100 -1.59 34.41 20.42 128.47 2.16 
Leg4 CTD 142 -62.00 -22.29 100 -1.59 34.41 19.79 123.89 1.89 
Leg4 CTD 144 -62.57 -21.49 50 -1.65 34.31 22.63 117.49 1.83 
Leg4 CTD 146 -63.13 -20.68 80 -1.69 34.41 21.66 119.64 1.92 
Leg4 CTD 148 -63.69 -19.86 80 -1.69 34.41 18.70 122.98 2.13 
Leg4 CTD 150 -64.23 -19.03 100 -1.68 34.38 21.10 96.41 2.02 
Leg4 CTD 152 -64.78 -18.19 80 -1.76 34.40 21.92 98.43 1.86 
Leg4 CTD 154 -65.31 -17.37 100 -1.78 34.38 17.95 104.64 1.93 
Leg4 CTD 156 -65.85 -16.51 80 -1.79 34.36 19.01 102.58 1.86 
Leg4 CTD 158 -66.44 -15.56 70 -1.79 34.36 20.12 106.72 1.95 
Leg4 CTD 160 -66.98 -14.64 80 -1.82 34.43 21.23 108.95 1.89 
Leg4 CTD 162 -67.54 -13.70 70 -1.49 34.42 26.73 92.59 1.77 
Leg4 CTD 164 -68.07 -12.78 85 -1.64 34.42 28.07 103.78 1.89 
Leg4 CTD 166 -68.63 -11.77 60 -1.60 34.34 26.03 106.13 1.86 
Leg4 CTD 168 -69.19 -10.77 55 -1.53 34.35 26.62 115.86 1.87 
Leg4 CTD 172 -70.29 -8.68 180 -1.68 34.41 27.28 102.90 1.96 
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Table 3. Station, measured total alkalinity (TA, µmol/kg), measured dissolved inorganic carbon (DIC, 
µmol/ kg), calculated pH, fCO2 (µatm), carbonate ion concentration (CO3
2-
, µmol/kg), Revelle Factor 
(Revelle), Ωcar (calcium carbonate saturation state) and Ωarag (aragonite saturation state) of WW, 
represented by the winter mixed layer, for all SANAE 50 Ice Shelf and Buoy Run CTDs where TA 
and DIC were measured. Station positions and winter mixed layer depths are shown in table 2 above. 
 
Station DIC TA pH fCO2 CO3
2- Revelle Ωcar Ωarag 
Leg2 CTD 1 2201.74 2334.69 8.09 330.01 98.19 15.17 2.22 1.39 
Leg2 CTD 8 2214.46 2325.78 8.04 379.40 86.51 16.20 2.00 1.25 
Leg4 CTD 131 2209.22 2307.23 7.99 426.87 79.92 16.72 1.88 1.18 
Leg4 CTD 133 2208.60 2326.07 8.05 372.31 90.40 15.84 2.13 1.34 
Leg4 CTD 136 2183.08 2314.03 8.09 334.49 97.59 15.19 2.30 1.45 
Leg4 CTD 136 2181.81 2312.34 8.09 334.88 97.33 15.21 2.30 1.44 
Leg4 CTD 138 2192.13 2312.87 8.05 366.29 92.45 15.66 2.18 1.37 
Leg4 CTD 139 2198.65 2323.27 8.08 348.03 94.06 15.50 2.23 1.40 
Leg4 CTD 140 2205.98 2332.07 8.07 350.04 95.02 15.45 2.25 1.41 
Leg4 CTD 142 2218.50 2334.31 8.04 377.20 89.29 15.95 2.10 1.32 
Leg4 CTD 142 2217.13 2334.12 8.05 373.14 90.10 15.88 2.12 1.33 
Leg4 CTD 144 2198.60 2319.12 8.06 358.41 91.81 15.67 2.19 1.37 
Leg4 CTD 146 2210.85 2309.49 8.00 418.72 80.01 16.69 1.89 1.19 
Leg4 CTD 148 2206.41 2326.23 8.06 362.86 91.29 15.73 2.16 1.36 
Leg4 CTD 150 2213.37 2325.08 8.04 382.78 87.20 16.13 2.05 1.29 
Leg4 CTD 152 2210.80 2324.59 8.04 375.66 88.37 16.02 2.09 1.31 
Leg4 CTD 154 2209.95 2329.52 8.06 361.07 91.42 15.77 2.15 1.35 
Leg4 CTD 156 2207.34 2324.03 8.05 367.02 89.86 15.89 2.13 1.34 
Leg4 CTD 158 2203.97 2326.96 8.07 351.93 93.24 15.60 2.21 1.39 
Leg4 CTD 160 2210.38 2326.39 8.05 369.64 89.46 15.92 2.12 1.33 
Leg4 CTD 162 2214.26 2323.56 8.03 392.68 86.20 16.22 2.04 1.28 
Leg4 CTD 164 2218.31 2322.30 8.01 405.70 83.18 16.48 1.97 1.23 
Leg4 CTD 166 2208.74 2323.35 8.05 375.73 88.83 15.97 2.11 1.33 
Leg4 CTD 168 2211.19 2319.72 8.03 393.66 85.51 16.24 2.03 1.28 
Leg4 CTD 172 2211.66 2348.62 8.10 325.36 101.20 15.03 2.34 1.47 

















 Variability of Ocean Acidification at the Ice Shelf in the Eastern Weddell Gyre  
49 
 
3.4 Future predictions of surface water carbonate ion, Ωarag and pH 
Surface water fCO2 was increased from its current value in 10µatm increments and used in 
the CO2Sys programme (Lewis and Wallace, 1998), with constants K1 and K2 from 
Mehrbach et al, 1973 refit by Dickson and Millero (1987) with surface water TA, SST, SSS 
and nutrients remaining unchanged from their present conditions, to calculate possible future 
ocean [CO3
2-
], Ωarag and pH. When surface water fCO2 was increased by 160µatm, the 
calculated Ωarag fell below the level of aragonite saturation (Ωarag=1) at some point during all 
four of the cruises. An atmospheric fCO2 increase of 160µatm is predicted to occur by the 
year 2054 according to the IS92a atmospheric CO2 increase scenario (IPCC (2007). Although 
there is disequilibrium between the increase in atmospheric CO2 and surface ocean CO2 
(McNeil and Matear, 2008), for the scope of this study we have assumed that surface water 
CO2 will increase at a similar rate to atmospheric CO2. While this is not very accurate, it will 
give us some idea of the timing of surface water aragonite undersaturation. Thus the first 
future ocean fCO2 increase sensitivity test that will be investigated during this study is when 
surface ocean fCO2 increased by 160µatm, resulting in the periodic aragonite undersaturation 
of the Antarctic ice shelf and Weddell Gyre surface waters.  
A second future ocean carbonate predictions was conducted by doubling the surface water 
fCO2 while again leaving TA, SST and SSS unchanged. The CO2Sys programme was again 
used to calculate [CO3
2-
] and pH using the doubled fCO2 and unchanged TA, SST and SSS, 
as was done in Orr et al (2005). A sensitivity test was conducted to determine the effects on 
variability in temperature and salinity on Ω, using the WW estimations (see tables 2 and 3). 
When temperature was increased from -2 to 2°C, Ωarag increased, on average, by 0.02, 
approximately 2.4% of the summer seasonal increase in Ωarag. Salinity was increased from 33 
to 34.5 psu, resulting in a mean decrease in Ωarag of 0.01, approximately 1.2% of the summer 
seasonal increase in Ωarag This suggests that photosynthesis and dilution have a much greater 




















The Southern Ocean Carbon-Climate Observatory programme (SOCCO) has conducted 
underway observation cruises from South Africa to Antarctica since 2008 aboard the polar 
supply and research ship, SA Agulhas. During these cruises, continuous underway surface 
measurements, UCTD and CTD measurements of ocean carbon (fCO2, TA, DIC), 
temperature, salinity and nutrients at the Antarctic Ice Shelf (IS) between 71-68°S 2°E-14°W 
and within the Eastern Weddell Gyre (EWG) were recorded. Not all of the data collected in 
the EWG will be used during this study, only the data between 68-58°S 2°E-31°W (Figure 9).  
The northern extent of this study was chosen to be 58°S as the southern boundary of the 
Weddell Gyre lies at 58°S, north of which is the Antarctic Circumpolar Current. The cruise 
leg dates for SANAE 48, 49, 50 and 51 are shown in table 1 and their chronology is 
summarised in the diagram below. The r/v SA Agulhas sailed from Cape Town (CT) to 
Antarctica, to South Georgia Island (S.Georgia), back to Antarctica and then to Cape Town 





Austral summer sea surface temperature (SST), surface water salinity (SSS), fCO2, TA, DIC, 
carbonate ion concentration [CO3
2-
], Revelle Factor, aragonite saturation state (Ωarag) and pH, 
are investigated for the Austral summers in 2008/2009, 2009/2010, 2010/2011 and 
2011/2012. The data will be analysed as follows for all years: Ice Shelf 1 (IS1) is the data 
collected south of 68°S during leg 2 and the beginning of leg 3 at the ice shelf in the vicinity 
of 4°E-14°W. The Eastern Weddell Gyre (EWG) data is the data collected between 68-58°S 
on legs 3 and 4, during the transects to and from South Georgia Island. Ice Shelf 2 (IS2) is the 
data collected south of 68°S during the last part of leg 4 and leg 5 at the ice shelf in the 
vicinity of 4°E-14°W (see diagram above). IS1 and IS2 will be analysed as a temporal 
sequence at the ice shelf, separately from the EWG. 
CT S.Georgia CT 
leg 5 
EWG IS2 
























The importance of summer primary production and surface water dilution from summer sea 
ice melt on the seasonal and interannual variability of Ωarag will be analysed for IS1 and IS2. 
The influence of interannual variability in the timing of sea ice thaw on surface water 
properties is examined for the ice shelf region, to understand the controlling mechanisms 
behind variability in surface water Ωarag. The progression of surface water biogeochemical 
properties from early summer water during December and early January to late summer water 
during late January and February will be analysed. The EWG data was only collected during 
a 2-3 week period in January of all years, and the seasonal dynamics of  the marine carbonate 
system in the EWG could therefore not be fully resolved. Winter water (WW) sampled from 
SANAE 50 CTDs was used as a proxy for winter surface water during all years. Surface 
water [CO3
2-
] and Ωarag are averaged into weekly bins for the IS and for the EWG, and the 
interannual variability of the marine carbonate system at the ice shelf and in the EWG is 
investigated. All years showed freshening of the surface water during January as summer 
progressed (Figures 11a,16a,21a,26a) and as sea ice melted-but there were important 













































Figure 9. Map showing the cruise track for of SANAE 58 (a), SANAE 49 (b), SANAE 50 (c) and 
SANAE 51 (d) using a combination of continuous underway data, CTD, UCTD and nutrient stations 
collected aboard the polar supply and research vessel, SA Agulhas. Continuous underway data for 
legs 2 (red), 3 (blue), 4 (yellow) and 5 (green) between 71-68°S and 2°E-31°W are shown with the 
gaps due to the underway machine being blocked by sea ice. Also plotted are CTD stations (black 
circles), UCTD stations (black dots) and underway nutrient stations (cyan squares). The Eastern 
Weddell Gyre (EWG) and the Ice Shelf (IS) study regions are marked by the cyan and pink squares 


















































Figure 10. Monthly Sea Ice Concentration Images obtained from the National Snow & Ice Data 
Centre (NSIDC) for the Southern Hemisphere for December (2008, 2009, 2010, 2011) and for 
January (2009, 2010, 2011, 2012), (Fetterer et al., 2002, updated 2009). The study region is shown by 
the black square and the phasing of sea ice melt during each year is stated on the right of the figure. 
Early or late is relative to a mid-December sea ice thaw which is optimal for bloom initiation 
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4.1 Surface water temperature, salinity and carbonate parameters  
The surface water characteristics during all four years were influenced by the variability in 
the phasing of the seasonal sea ice thaw. To understand the intra-annual and interannual 
differences in the surface water properties, the timing of sea ice melt during December and 
January needed to be considered. The two first order mechanisms that change TA and DIC 
that will be analysed in this study are primary production and dilution. Primary production 
decreases DIC and TA in a ratio of 117:-16 (Anderson and Sarmiento, 1994) due to the 
uptake of CO2 which decreases DIC, and the uptake of NO3
-
 during photosynthesis which 
decreases H
+
 ions in the surrounding water therefore increasing TA. The effects of 
photosynthesis on TA could not be quantified in this study as there was not sufficient nitrate 
data. The second order processes that affect TA and DIC are air-sea exchange of CO2, 
calcification and the formation and dissolution of ikaite (Jones et al., 2010), which will not be 
emphasised in this study although they are important to the high latitude carbon cycle. 
Surface water properties at the ice shelf during each summer cruise are described in the 
following and their variability is examined in detail in the discussion. Surface water 
properties in EWG are not looked at in detail due to the lack of temporal data, but their mean 
values are compared to the ice shelf seasonal cycle. 
 
4.1.1 SANAE 48 
SANAE 48 was around 2 weeks late with respect to the other four SOCCO cruises. The r/v 
SA Agulhas arrived at the Antarctic ice shelf on the 8
th
 January 2009 and left the ice shelf on 
the 20
th
 February 2009 to return to Cape Town. In both December 2008 and January 2009 sea 
ice melted early at the ice shelf relative to the summers of 2010 and 2012 (Figure 10). In the 
EWG the opposite was seen, where sea ice melt was relatively late. 
The surface water in the ice shelf became fresher as summer progressed and sea ice melted, 
fluctuating between 33.00 and 34.10psu (Figure 11a). Winter Water (WW) sea surface 
salinity (SSS) was estimated to be 34.33±0.11psu which suggests that by the time IS1 was 
conducted, sea ice melt had formed a layer of fresher Summer Surface Water (SSW) above 
the denser WW. SST ranged between -2.00 and 0.60°C for all regions except for some areas 
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at this point in the thesis that water with SST’s of below -2°C is likely supercooled water, as 
the freezing point for this region with salinities between 33 and 34.4 is -1.88°C (Bakker et al, 
2008). A recent study by Shi et al (2011) found supercooled water (water with temperatures 
below freezing point) in Prydz Bay, Antarctica, where water temperatures ranged between -
2.14 and -1.96°C, up to 0.16°C below the in situ freezing point. They conclude that the 
supercooled water formed in a cavity below the ice shelf where very cold waters are found 
(around -2°C) and where its density was decreased by the addition of ice melt water from the 
base of the sea ice. Through upwelling processes or by the melting of the sea ice above this 
cold water, its upper boundary is removed and it rises rapidly as it is less dense than the 
surrounding water. Once the temperature of this cold water reaches the in situ freezing point, 
supercooling takes place (Shi et al., 2011). As supercooled water is not key to our study, this 
will not be discussed further in the discussion. 
Surface water fCO2 was undersaturated (below the mean atmospheric fCO2 of 376µatm) 
during both ice shelf periods ranging between 180 and 350µatm, with lower fCO2 values 
correlating to elevated chlorophyll a fluorescence (Figure 11c). Although no statistics was 
done on the data, from visually inspecting the data it could be seen that fCO2 and chlorophyll 
a fluorescence were correlated, as during periods when chlorophyll a was high, fCO2 was 
usually undersaturated. Chlorophyll a fluorescence was highest during late January and early 
February, after which it decreased, with fCO2 remaining below 350µatm.  
 
 
Table 4. Mean values of sea surface salinity (SSS, psu), sea surface temperature (SSS, °C) and fCO2 
(µatm) for the first ice station (IS1), the second ice station (IS2) and the Eastern Weddell Gyre (EWG) 
during SANAE 48. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise SSS SST fCO2 
 
SSS SST fCO2 
 
SSS SST fCO2 
SANAE 48 33.68 -1.02 231.0±26 
 
33.48 -1.96 241.9±19 
 












































Figure 11. (a) Sea surface salinity with fCO2 in colour, (b) Sea surface temperature with fCO2 in 
colour and (c) Sea surface fCO2 with Chlorophyll a fluorescence in colour and with mean atmospheric 
fCO2 of 376µtm shown by the dashed black line, during SANAE 48 IS1 and IS2, with the gap due to 
spatial data collected in the EWG from the 26
th
 January to 8
th
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TA at IS1 and IS2 ranged between 2270-2306µmol/kg and 2264-2311µmol/kg respectively 
(Figure 12a). A slight decreasing trend was seen in TA from early January to February due to 
sea ice melt, diluting the surface water and decreasing SSS as summer progressed, with a 
mean TA during IS1 of 2289.3µmol/kg and during IS2 of 2284µmol/kg (Table 5). Ice shelf 
DIC decreased from early January to late January during IS1, with a mean concentration of 
2105.8µmol/kg, after which it increased slightly during IS2 in February most likely due to the 
ingasing of atmospheric CO2 (Table 5). DIC at the ice shelf was almost always below 




 January 2009 when 
chlorophyll a fluorescence was high and fCO2 was below 250µatm (Figure 11c,12b). [CO3
2-
] 
increased initially during IS1 after which it decreased, with mean values of 130.1 and 
119.8µmol/kg during IS1 and IS2 respectively (Table 5). [CO3
2-
]  was supersaturated during 
IS1 and IS2, reaching a maximum of 154µmol/kg on the 18
th
 January and never decreasing 
below 100µatm (Figure 12c). The Revelle Factor ranged between 11.5 and 15 during both ice 
stations, with the exception of a higher peak on the 12
th
 February (Figure 13a), increasing 
from early to mid-January and then decreasing slightly. Ωarag was > 1, fluctuating between 1.5 
and 2.5 during IS1 and IS2 (Figure 13b), with a mean value during IS1 and IS2 of 1.97 and 
1.91 respectively (Table 5). Surface water pH was above 8.1 during both ice stations, 
decreasing slightly from IS1 to IS2 with a mean value of 8.24 and 8.22 respectively (Figure 
13c). 
Mean surface water fCO2 at both IS1 and IS2 was almost 100µatm lower than the mean fCO2 
recorded in the EWG where sea ice melt was late (Table 4). In the EWG, the mean TA and 
DIC were higher than at the mean TA and DIC at the ice shelf, while the mean [CO3
2-
] and 
Ωarag were both lower than the mean [CO3
2-
] and Ωarag at the ice shelf (Table 5). 
All available ice shelf surface data was averaged to get a monthly average TA and DIC for 
January and February, with winter conditions estimated from SANAE 50 CTD’s (Table 3), 
(Figure 14a). In the EWG data was collected only during January and thus a mean summer 
TA and DIC was calculated. The seasonal evolution of Ωarag at the ice shelf shows that Ωarag 
increases from winter (Ωarag=1.34) to January (Ωarag=1.97), with a decrease in both TA and 
DIC. Ωarag decreased slightly from January to February when DIC increased likely due to the 
ingasing of atmospheric CO2 and TA decreased through dilution from sea ice melt (Figure 
14a). Salinity normalised TA (nTA) and DIC (nDIC) show the seasonal evolution of Ωarag at 
the ice shelf in the absence of dilution, which decreases both TA and DIC (Figure 14b). 
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The effects of photosynthesis on TA could not be investigated as there was not sufficient 
nitrate data. The uptake of NO3
-
 during photosynthesis decreases the H
+
 ions in the 
surrounding water, increasing the TA, which is likely the cause of the increase in nTA as 
nDIC is decreased as seen in figure 14b.The influence of dilution on Ωarag was much higher at 
the ice shelf than in the EWG (Figure 14). 
 
Table 5. Mean values of total alkalinity (TA, µmol/kg),dissolved inorganic carbon (DIC, µmol/kg) 
carbonate ion concentration (CO3
2-
) and aragonite saturation state (Ωarag) for the first ice station (IS1), 
the second ice station (IS2) and the Eastern Weddell Gyre (EWG) during SANAE 48. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag 






















































Figure 12. (a) Total alkalinity (TA), (b) dissolved inorganic carbon (DIC), (c) carbonate ion 
concentration (CO3
2-
) with a red line indicating the carbonate ion concentration below which 
aragonite becomes undersaturated (66µmol/kg), during SANAE 48 IS1 and IS2, with the gap due to 
spatial data collected in the EWG from the 26
th
 January to 8
th
 February 2009. The seasonality in CO3
2-
 






















































Figure 13. (a) Revelle Factor, (b) aragonite saturation state (Ωarag) with a red line indicating the 
aragonite saturation horizon (Ωarag=1), (c) pH, during SANAE 48 IS1 and IS2, with the gap due to 
spatial data collected in the EWG from the 26
th
 January to 8
th




















































Figure 14.  Seasonal evolution of (a) mean January 2009 and February 2009 total alkalinity (TA) and 
dissolved inorganic carbon (DIC) at the ice shelf with vectors indicating various processes that altered 
TA and DIC, as inferred from the salinity normalised TA (nTA) and salinity normalised DIC (nDIC) 
below, with the mean summer EWG TA and DIC shown in red and (b) mean January 2009 and 
February 2009 nTA and nDIC at the ice shelf with the mean summer EWG nTA and nDIC shown in 
red. Winter surface water conditions have been estimated from SANAE 50 CTDs, contours show 
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4.1.2 SANAE 49 
Ice shelf data collection during SANAE 49 began on the 2
nd
 January 2010, a week earlier 
than the SANAE 48 cruise. The timing of sea ice melt at the ice shelf was similar to the 
previous year, with slightly later sea ice thaw along the Antarctic ice shelf between 5°E and 
15°S, where IS1 and IS2 took place, and earlier sea ice thaw in the EWG (Figure 10). In 
comparison to the other three years, the timing of sea ice melt at the ice shelf and in the EWG 
during December 2009 and January 2010 (SANAE 49) is approximated as the ‘normal’ 
situation. CTD and UCTD data was only available during IS1 and in the EWG and has been 
plotted on the same scales as used for SANAE 50 and 51 to see the interannual variability in 
the underlying water properties. The Mixed Layer Depth (MLD) is shown on the CTD and 
UCTD contour plots to get an idea of the water column stratification, which is important in 
Marginal Ice Zones (MIZ) in relieving light limitation and facilitating phytoplankton blooms 
(Smith and Nelson, 1986). 
Surface water during IS1 was saltier than in the previous year, with an average SSS of 




 January the SSS fluctuated around the relatively high value 
of 34.1 (which is close to 34.2, the salinity of WW), after which it dropped to 33.5psu and 
then varied between 33.5 and 33.3psu during the remainder of IS1 (Figure 15a). During IS2, 
SSS was low, with a mean value of 33.14psu (Table 6). SST was low during the first week of 
IS1 and during IS2, fluctuating between -1.8 and -0.5°C (Figure 15b). SST increased to 1°C 
on the 9
th
 January 2010 after which it varied between -1.9 and 1°C. During both IS1 and IS2 
the fCO2 was predominantly undersaturated, with the exception of a four day period during 





 of January during IS1, fCO2 increased to 440µatm coinciding with 
a deepening of the MLD and very low chlorophyll a fluorescence (Figures 15c,16a).  
Table 6. Mean values of sea surface salinity (SSS, psu), sea surface temperature (SSS, °C) and fCO2 
(µatm) for the first ice station (IS1), the second ice station (IS2) and the Eastern Weddell Gyre (EWG) 
during SANAE 48 and 49. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise SSS SST fCO2 
 
SSS SST fCO2 
 
SSS SST fCO2 
SANAE 48 33.68 -1.02 231.0±26 
 
33.48 -1.96 241.9±19 
 
33.90 -0.93 335.9±20 
SANAE 49 33.85 -1.16 322.8±22 
 
33.14 -0.99 293.9±25 
 







































Figure 15. (a) Sea surface salinity with fCO2 in colour, (b) Sea surface temperature with fCO2 in 
colour and (c) Sea surface fCO2 with Chlorophyll a fluorescence in colour and with mean atmospheric 
fCO2 of 376µtm shown by the dashed black line, during SANAE 49 IS1 and IS2, with the gap due to 

















 January 2010 showing CTD data in the upper 300m for (a) 
temperature and (b) chlorophyll a fluorescence, dashed grey lines indicate CTD stations and dashed 
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TA decreased at the ice shelf as summer progressed from early January (IS1) to February 
(IS2) and as SSS decreased through dilution from sea ice melt (Figure 18a). Mean TA during 
IS1 and IS2 was 2297.7 and 2265.8 respectively (Table 7). DIC decreased throughout the ice 
shelf period from early January to mid-February, with a mean DIC during IS1 and IS2 of 
2165.6 and 2124.6µmol/kg respectively (Table 7). [CO3
2-
] was supersaturated during IS1 and 
IS2 and showed a slight increase from IS1 (mean [CO3
2-
] of 100.3µmol/kg) to IS2 (mean 
[CO3
2-
] of 104.9µmol/kg), but was on average lower than the previous year (Table 7), with 
[CO3
2-
] fluctuating around 100µmol/kg (Figure 18c). [CO3
2-
] decreased to a minimum of 




 of January during IS1 where fCO2 became 
supersaturated, the MLD increased and  chlorophyll a fluorescence was very low (Figures 
15c,16,18c). The Revelle Factor was relatively constant during IS1 and IS2 with the 




 of January during IS1 where the Revelle 
Factor increased to 17 due to an increase in DIC (Figures 18b,19a). Ωarag was > 1, showing a 
slight increasing trend from a mean value during IS1 of 1.51 to a mean value during IS 2 of 
1.59 (Table 7). Ωarag reached a minimum of 1.16 during IS1on the 11
th
 January, where DIC 
was at a maximum (Figure 19b). pH increased slightly throughout the ice station 
investigation, from a mean value of 8.11 during IS1 to 8.14 during IS2 (Figure 19c). 
Mean surface water fCO2 at both IS1 and IS2 was 20-30µatm higher than the mean fCO2 
recorded in the EWG where sea ice melt was relatively early (Table 7). The MLD was deeper 
during IS1 than in the EWG, fluctuating around 50m during IS1 and around 25m in the 
EWG, suggesting that in the EWG there was a more stratified water column and thus less 
light limitation than at the ice shelf, leading to higher primary production (Figures 15,17). In 
the EWG, the mean TA and DIC were lower than at the mean TA and DIC during IS1, while 
the mean [CO2
3-
] and Ωarag were both higher in the EWG than the mean [CO2
3-
] and Ωarag 
during both IS1 and IS2 (Table 7). 
 
All available ice shelf surface data was averaged to get a monthly mean TA and DIC for 
January and February, with winter conditions estimated from SANAE 50 CTS’s (Table 3), 
(Figure 20a). In the EWG data was collected only during January and thus a mean summer 
TA and DIC was calculated. The seasonal evolution of Ωarag at the ice shelf shows that Ωarag 
increased from winter (Ωarag=1.34) to January (Ωarag=1.49) and reached a maximum in early 
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summer in early February (Figure 20a). Salinity normalised TA (nTA) and DIC (nDIC) show 
the seasonal evolution of Ωarag at the ice shelf in the absence of dilution, which decreases both 
TA and DIC (Figure 20b). Without the effects of dilution, Ωarag reaches a maximum in 
February of approximately 1.8. The influence of dilution on Ωarag was much higher at the ice 
shelf than in the EWG, although dilution resulted in Ωarag in the EWG decreasing by 
approximately 0.1 from 1.7 to 1.6 (Figure 20). The effects of photosynthesis on TA could not 
be investigated as there was not sufficient nitrate data. The uptake of NO3
-
 during 
photosynthesis decreases the H
+
 ions in the surrounding water, increasing the TA, which is 
probably the cause of the increase in nTA as nDIC is decreased (seen in Figure 20b). 
 
Table 7. Mean values of total alkalinity (TA, µmol/kg), dissolved inorganic carbon (DIC, µmol/kg) 
carbonate ion concentration (CO3
2-
) and aragonite saturation state (Ωarag) for the first ice station (IS1), 
the second ice station (IS2) and the Eastern Weddell Gyre (EWG) during SANAE 48 and 49. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag 
SANAE 48 2289.3 2105.8 130.1 1.97 2284.0 2117.1 119.8 1.91 2298.9 2170.6 98.2 1.48 



















 February 2010, dashed grey lines indicate 
CTD and UCTD stations and the dashed pink contour represents the mixed layer depth (MLD) 

















































Figure 18. (a) Total alkalinity (TA), (b) dissolved inorganic carbon (DIC), (c) carbonate ion 
concentration (CO3
2-
) with a red line indicating the carbonate ion concentration below which 
aragonite becomes undersaturated (66µmol/kg), during SANAE 49 IS1 and IS2, with the gap due to 

























































Figure 19. (a) Revelle Factor, (b) aragonite saturation state (Ωarag) with a red line indicating the 
aragonite saturation horizon (Ωarag=1), (c) pH, during SANAE 49 IS1 and IS2, with the gap due to 








































































Figure 20.  Seasonal evolution of (a) mean January 2010 and February 2010 total alkalinity (TA) and 
dissolved inorganic carbon (DIC) at the ice shelf with vectors indicating various processes that altered 
TA and DIC, as inferred from the salinity normalised TA (nTA) and salinity normalised DIC (nDIC) 
below, with the mean summer EWG TA and DIC shown in red and (b) mean January 2010 and 
February 2010 nTA and nDIC at the ice shelf with the mean summer EWG nTA and nDIC shown in 
red. Winter surface water conditions have been estimated from SANAE 50 CTDs, contours show 
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4.1.3 SANAE 50 




 December 2010, 1-2 weeks earlier 
than both the previous cruises. Sea ice melted very early during December 2010 and January 
2011, both at the ice shelf and in the EWG, with the Antarctic ice shelf between 0-15°W 
becoming sea ice free by January 2011 (Figure 10). CTD and UCTD data was available 
during IS1, IS2 and in the EWG and has been plotted on the same scales as used for SANAE 
49 and 51 to see the interannual variability in the underlying water properties. The Mixed 
Layer Depth (MLD) is shown on the CTD and UCTD contour plots to get an idea of the 
water column stratification, which is important in Marginal Ice Zones (MIZ) in relieving light 
limitation and facilitating phytoplankton blooms (Smith and Nelson, 1986). 
Ice shelf water freshened during IS1, in December 2010, but was the saltiest water found 
throughout the entire study with a mean salinity of 34.2psu (Figure 21a,c), likely to be 
residual Winter Water (WW) which typically has high concentrations of CO2 (fCO2 > 
375µatm) and salinities and temperatures of 34.2psu and -1.5 to -1.7°C respectively. A deep 
MLD suggests upwelling of WW during IS1 and weak stratification (Figure 22a,b). SSS 
decreased as summer progressed, with a mean SSS during IS2 of 34.01 (Table 8). SST was at 
a minimum of -1.89°C at the beginning of IS1, increasing through January and into February 
(Figure 21b). fCO2 was undersaturated (below 376µatm, the mean atmospheric fCO2) for 
most of IS1 and for all of IS2, although surface chlorophyll a fluorescence was relatively low 
(Figure 21c). Below the surface during both IS1 and IS2, CTD data showed subsurface 
phytoplankton blooms, between 10-35m depth (Figure 22a,c). Chlorophyll a fluorescence 
increased where the MLD decreased, coinciding well with low surface fCO2 regions (Figure 





2010, which corresponded to a period of increased SSS, low SST and chlorophyll a 
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Table 8. Mean values of sea surface salinity (SSS, psu), sea surface temperature (SSS, °C) and fCO2 
(µatm) for the first ice station (IS1), the second ice station (IS2) and the Eastern Weddell Gyre (EWG) 
during SANAE 48, 49 and 50. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise SSS SST fCO2 
 
SSS SST fCO2 
 
SSS SST fCO2 
SANAE 48 33.68 -1.02 231.0±26 
 
33.48 -1.96 241.9±19 
 
33.90 -0.93 335.9±20 
SANAE 49 33.85 -1.16 322.8±22 
 
33.14 -0.99 293.9±25 
 
33.89 0.50  315.2±46 
SANAE 50 34.20 -0.99 309.4±41 
 
34.01 -0.04 241.9±39 
 
















Figure 21. (a) Sea surface salinity with fCO2 in colour, (b) Sea surface temperature with fCO2 in 
colour and (c) Sea surface fCO2 with Chlorophyll a fluorescence in colour and with mean atmospheric 
fCO2 of 376µtm shown by the dashed black line, during SANAE 50 IS1 and IS2, with the gap due to 




















































 December 2010 showing CTD data in the upper 300m for (a) 
salinity and (b) chlorophyll a fluorescence, and IS2 from the 23
rd
 January to 1
st
 February 2011 
showing CTD data in the upper 300m for (c) salinity and (d) chlorophyll a fluorescence, dashed grey 
lines indicate CTD stations and dashed pink contour represents the mixed layer depth (MLD) 
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TA decreased at the ice shelf as summer progressed from December 2010 (IS1) to January 
and early February 2011 (IS2) and as SSS decreased through dilution from sea ice melt 
(Figure 24a). TA was relatively high throughout the summer period, with a mean TA of 
2313.3µmol/kg during IS1 and 2300.0µmol/kg during IS2 (Table 9). DIC at the ice shelf 
decreased from December to January and early February with a mean DIC during IS1 and 
IS2 of 2169.3 and 2112.4µmol/kg respectively (Table 9). The mean DIC during SANAE 50 
IS1 was higher than the mean DIC during IS1 of both the previous years and the mean DIC 
was lower during SANAE 50 IS2 than during both the previous years (Table 9). [CO3
2-
] was 
supersaturated during IS1 and IS2 but decreased to a minimum of 81µmol/kg during IS1 on 
the 25
th
 December, where the MLD increased, chlorophyll a fluorescence was very low and 
fCO2 was supersaturated (Figures 21c,22b,24c). [CO3
2-
] was relatively high during IS2 where 
fCO2 was low, with a mean [CO3
2-
] concentration of 107.4 and 133.2µmol/kg during IS1 and 
IS2 respectively (Table 9). The Revelle Factor decreased from IS1 to IS2, fluctuating around 
15 during IS1 and around 13 during IS2 (Figure 25a). Ωarag was > 1, decreasing as summer 
progressed from IS1 to IS2, with a mean value of 1.62 during IS1 and 2.01 during IS2 (Table 
9) Ωarag reached a maximum of 2.4 during late January and early February 2011, the highest 
Ωarag observed during all four years (Figure 25b). pH increased throughout summer, from a 
mean value of 8.13 during IS1 to 8.22 during IS2 (Figure 25c).  
Mean surface water fCO2 at both IS1 (309.4) and IS2 (241.9) was lower than the mean fCO2 
recorded in the EWG (340.6µtm), as was observed during SANAE 48 (Table 8). The MLD 
was shallower during IS1 and during IS2 than in the EWG, with the exception of an 
upwelling event during IS1 on the 25
th
 December 2010, where the MLD decreased from 27-
145m (Figures 22,23). During IS2 the MLD was mostly above 30m, while in the EWG the 
MLD fluctuated around 50m, suggesting a more stratified water column during IS2 than in 
the EWG. In the EWG, the mean TA, [CO3
2-
] and Ωarag were lower than at the mean TA, 
[CO3
2-
] and Ωarag during IS1 and IS2 (Table 9).  
 
All available ice shelf surface data was averaged to get a monthly mean TA and DIC for 
December, January and February, with winter conditions estimated from SANAE 50 CTD’s 
(Table 3), (Figure 26a). In the EWG data was collected only during January and thus a mean 
summer TA and DIC was calculated. The seasonal evolution of Ωarag at the ice shelf shows 
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(Ωarag=1.71) reaching a maximum during early February (Ωarag=1.93), with a decrease in both 
TA and DIC from winter through to late summer in early February (Figure 26a). Salinity 
normalised TA (nTA) and DIC (nDIC) show the seasonal evolution of Ωarag at the ice shelf in 
the absence of dilution, which decreases both TA and DIC (Figure 26b). Without the effects 
of dilution, Ωarag reaches a maximum in February of approximately 2, about 0.08 higher than 
the mean February Ωarag when dilution is not corrected for (Figure 26b). The influence of 
dilution on Ωarag was slightly lower at the ice shelf than in the EWG, with dilution resulting in 
Ωarag in the EWG decreasing by approximately 0.1 from 1.48 to 1.58 (Figure 26). The effects 
of photosynthesis on TA could not be investigated as there was not sufficient nitrate data. The 
uptake of NO3
-
 during photosynthesis decreases the H
+
 ions in the surrounding water, 
increasing the TA, which is likely the cause of the increase in nTA as nDIC is decreased as 
seen in figure 20b. 
 
Table 9. Mean values of total alkalinity (TA, µmol/kg), dissolved inorganic carbon (DIC, µmol/kg) 
carbonate ion concentration (CO3
2-
) and aragonite saturation state (Ωarag) for the first ice station (IS1), 
the second ice station (IS2) and the Eastern Weddell Gyre (EWG) during SANAE 48, 49 and 50. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag 
SANAE 48 2289.3 2105.8 130.1 1.97 2284.0 2117.1 119.8 1.91 2298.9 2170.6 98.2 1.48 
SANAE 49 2297.7 2165.6 100.3 1.51 2265.8 2124.6 104.9 1.59 2292.8 2144.3 110.2 1.66 









































 January 2011, dashed grey lines indicate 
CTD and UCTD stations and the dashed pink contour represents the mixed layer depth (MLD) 










































































Figure 24. (a) Total alkalinity (TA), (b) dissolved inorganic carbon (DIC), (c) carbonate ion 
concentration (CO3
2-
) with a red line indicating the carbonate ion concentration below which 
aragonite becomes undersaturated (66µmol/kg), during SANAE 50 IS1 and IS2, with the gap due to 































































Figure 25. (a) Revelle Factor, (b) aragonite saturation state (Ωarag) with a red line indicating the 
aragonite saturation horizon (Ωarag=1), (c) pH, during SANAE 50 IS1 and IS2, with the gap due to 


































































Figure 26.  Seasonal evolution of (a) mean December 2010, January 2011 and February 2011 total 
alkalinity (TA) and dissolved inorganic carbon (DIC) at the ice shelf with vectors indicating various 
processes that altered TA and DIC, as inferred from the salinity normalised TA (nTA) and salinity 
normalised DIC (nDIC) below, with the mean summer EWG TA and DIC shown in red and (b) mean 
December 2010, January 2011 and February 2011 nTA and nDIC at the ice shelf with the mean 
summer EWG nTA and nDIC shown in red. Winter surface water conditions have been estimated 
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4.1.4 SANAE 51 
During SANAE 51 sea ice trapped in the sea water intake caused bubbles to interrupt the 
flow of the underway conductivity sensor during legs 2, 3 and 4, resulting in very spiky 
salinity data. The underway station Portasal salinity values have been interpolated for legs 3 
and 4 but as there were no Portasal salinity samples taken during leg 2, the SSS data for leg 2 
(the first part of IS1) will not be included in this study. The first ice shelf data was collected 
from the 28
th
 December 2011 to the 9
th
 January 2012, but due sea ice blocking the underway 
pCO2 system, surface IS1 data was only available from the 5
th
 January 2012. In both 
December 2011 and January 2012 sea ice melted very late both at the ice shelf and in the 
EWG relative to the summers of 2009, 2010 and 2011 (Figure 10). CTD data was only 
available for IS1 and IS2 and has been plotted on the same scales as used for SANAE 49 and 
50 to see the interannual variability in the underlying water properties. The Mixed Layer 
Depth (MLD) is shown on the CTD contour plots to get an idea of the water column 
stratification, which is important in Marginal Ice Zones (MIZ) in relieving light limitation 
and facilitating phytoplankton blooms (Smith and Nelson, 1986). 
Ice shelf SSS followed a similar pattern to SSS during the previous year (SANAE 50). WW 
(S=34.2±0.11psu) was still present during IS1, where SSS was high ranging between 34-
34.2psu (Figure 27a). During IS2 SSS was initially high (34.2psu), decreasing to 33.4psu and 
then increasing again towards the end of IS2 in early February (Figure 27a). SST increased as 
summer progressed from early January to early February, with a mean SST during IS1 and 
IS2 of -1.02 and -0.93°C respectively (Figure 27b, Table 10). fCO2 was supersaturated, 
increasing above the mean atmospheric fCO2 of 374µatm at all stations during IS1 and at the 
beginning and at the end of IS2 (Figure 27c). Where fCO2 was supersaturated, chlorophyll a 
fluorescence was close to zero and, where CTD data was available at the beginning of IS2, 
the MLD was observed to be below 150m depth (Figures 27c,28). During IS2 fCO2 decreased 
as chlorophyll a fluorescence increased and the MLD decreased to around 25m until the 3
rd
 
February 2012, after which fCO2 increased to a maximum of 440µatm corresponding to a 
decrease in chlorophyll a fluorescence and SST and an increase in SSS (Figure 27). The 
mean fCO2 was higher at both IS1 and IS2 during SANAE 51, where sea ice melt was very 
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Table 10. Mean values of sea surface salinity (SSS, psu), sea surface temperature (SSS, °C) and fCO2 
(µatm) for the first ice station (IS1), the second ice station (IS2) and the Eastern Weddell Gyre (EWG) 
during SANAE 48, 49, 50 and 51. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise SSS SST fCO2 
 
SSS SST fCO2 
 
SSS SST fCO2 
SANAE 48 33.68 -1.02 231.0±26 
 
33.48 -1.96 241.9±19 
 
33.90 -0.93 335.9±20 
SANAE 49 33.85 -1.16 322.8±22 
 
33.14 -0.99 293.9±25 
 
33.89 0.50  315.2±46 
SANAE 50 34.20 -0.99 309.4±41 
 
34.01 -0.04 241.9±39 
 
33.89 -0.10  340.6±30 
SANAE 51 34.20 -1.69 385.4±5 
 
33.90 -1.40 314.8±32 
 




















Figure 27. (a) Sea surface salinity with fCO2 in colour, (b) Sea surface temperature with fCO2 in 
colour and (c) Sea surface fCO2 with Chlorophyll a fluorescence in colour and with mean atmospheric 
fCO2 of 376µtm shown by the dashed black line, during SANAE 50 IS1 and IS2, with the gap due to 























































Figure 28. IS1 from the 28
th
 December 2011 to 3
rd
 January 2012 showing CTD data in the upper 
300m for (a) salinity and (b) chlorophyll a fluorescence, and IS2 from the 23
rd
 January to 3
rd
  
February 2012 showing CTD data in the upper 300m for (c) salinity and (d) chlorophyll a 
fluorescence, dashed grey lines indicate CTD stations and dashed pink contour represents the mixed 
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TA decreased at the ice shelf as summer progressed from early January (IS1) to late January 
(IS2) and as SSS decreased through dilution from sea ice melt (Figure 29a). TA increased 
towards the end of IS2 in early February, as SSS increased. Mean TA during both IS1 
(TA=2315.8µmol/kg) and IS2 (TA=2300.9µmol/kg) was higher than the mean TA at the ice 
shelf during the three previous years (Table 11). DIC during IS1 was relatively high, with a 
mean value of 2209.3µmol/kg which is 2.3µmol/kg higher than the mean Winter Water 
(WW) DIC estimated from SANAE 50 CTDs, and is below the WW DIC of 2220 µmol/kg 
found by Jones et al (2010). DIC then decreased during IS2 reaching a minimum of 
2110.5µmol/kg on the 3
rd
 February (Figure 29b). [CO3
2-
] was supersaturated during IS1 and 
IS2, but was on average lower during both IS1 and IS2 than during any of the other three 
years, with a mean [CO3
2-
] during IS1 and IS2 of 86.4 and 102.0µmol/kg respectively (Table 
11) The Revelle Factor was very high during IS1 with a mean value of 16.3, after which it 
decreased during IS2 where chlorophyll a fluorescence increased and DIC decreased (Figure 
30a). Ωarag was > 1, with very low values of 1.34 observed during IS1 and at the end of IS2 
where fCO2 was supersaturated (Figure 30b). The mean Ωarag during IS1 was 1.3 and during 
IS2 was 1.54, both lower than in all other years (Table 11). pH increased slightly as summer 
progressed from early January to early February, from a mean value of 8.04 during IS1 to 
8.08 during IS2 (Figure 30c). 
Mean surface water fCO2 was highest during IS1 (385.4µatm) lower in the EWG (325.1µatm) 
and lowest during IS2 (314.8µatm), (Table 10). In the EWG, the mean TA and DIC were 
lower than at the mean TA and DIC during both IS1 and IS2, while the mean [CO3
2-
] and 
Ωarag were very similar during IS2 and in the EWG, but were lower during IS1 (Table 11). 
 
All available ice shelf surface data was averaged to get a monthly mean TA and DIC for 
January and February, with winter conditions estimated from SANAE 50 CTS’s (Table 3), 
(Figure 31a). In the EWG data was collected only during January and thus a mean summer 
TA and DIC was calculated. The seasonal evolution of Ωarag at the ice shelf shows that Ωarag 
increased from winter (Ωarag=1.34) to January (Ωarag=1.4) to reach a maximum during early 
February (Ωarag=1.51), with a decrease in both TA and DIC from winter through to late 
summer in early February (Figure 31a). Salinity normalised TA (nTA) and DIC (nDIC) show 
the seasonal evolution of Ωarag at the ice shelf in the absence of dilution, which decreases both 
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February of approximately 1.6. The influence of dilution on Ωarag was slightly higher in the 
EWG than at the ice shelf. The summer increase in Ωarag during SANAE 51 at the ice shelf 
likely due to primary production was small, with Ωarag increasing from a winter value of 1.38 
to a February value of 1.6 when the effect of dilution was corrected for (Figure 31b). In the 
EWG, dilution resulted in summertime Ωarag decreasing by approximately 0.1 from 1.52 to 
1.62 (Figure 31). The effects of photosynthesis on TA could not be investigated as there was 
not sufficient nitrate data. The uptake of NO3
-
 during photosynthesis decreases the H
+
 ions in 
the surrounding water, increasing the TA, which is likely the cause of the increase in nTA as 
DIC is decreased as seen in figure 31b. 
 
 
Table 11. Mean values of total alkalinity (TA, µmol/kg), dissolved inorganic carbon (DIC, µmol/kg) 
carbonate ion concentration (CO3
2-
) and aragonite saturation state (Ωarag) for the first ice station (IS1), 
the second ice station (IS2) and the Eastern Weddell Gyre (EWG) during SANAE 48, 49, 50 and 51. 
 
Mean values for IS1 Mean values for IS2 Mean values for EWG 
Cruise TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag TA DIC CO3
2-
 Ωarag 
SANAE 48 2289.3 2105.8 130.1 1.97 2284.0 2117.1 119.8 1.91 2298.9 2170.6 98.2 1.48 
SANAE 49 2297.7 2165.6 100.3 1.51 2265.8 2124.6 104.9 1.59 2292.8 2144.3 110.2 1.66 
SANAE 50 2313.3 2169.3 107.4 1.62 2300.0 2112.4 133.2 2.01 2294.8 2163.0 100.5 1.52 
































































Figure 29. (a) Total alkalinity (TA), (b) dissolved inorganic carbon (DIC), (c) carbonate ion 
concentration (CO3
2-
) with a red line indicating the carbonate ion concentration below which 
aragonite becomes undersaturated (66µmol/kg), during SANAE 50 IS1 and IS2, with the gap due to 





































































Figure 30. (a) Revelle Factor, (b) aragonite saturation state (Ωarag) with a red line indicating the 
aragonite saturation horizon (Ωarag=1), (c) pH, during SANAE 50 IS1 and IS2, with the gap due to 






























































Figure 31.  Seasonal evolution of (a) mean January 2012 and February 2012 total alkalinity (TA) and 
dissolved inorganic carbon (DIC) at the ice shelf with vectors indicating various processes that altered 
TA and DIC, as inferred from the salinity normalised TA (nTA) and salinity normalised DIC (nDIC) 
below, with the mean summer EWG TA and DIC shown in red and (b) mean January 2012 and 
February 2012 nTA and nDIC at the ice shelf with the mean summer EWG nTA and nDIC shown in 
red. Winter surface water conditions have been estimated from SANAE 50 CTDs, contours show 
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4.1.5 Seasonality of carbonate ion concentration and aragonite saturation state at the ice 
shelf and in the EWG 
Weekly mean [CO3
2-
] and Ωarag at the Antarctic ice shelf (IS) and in the EWG for all four 
SANAE cruises have been plotted, to examine the variability of the seasonal cycle of Ocean 
Acidification. The Winter Water (WW) values are estimated from SANAE 50 CTD data, 
where WW is defined as the water below the surface where temperature is at a minimum (see 
section 3.4.1). The interannual variability of [CO3
2-
] and Ωarag was higher at the ice shelf than 
in the EWG (Figure 32). The interannual variability in the phasing of sea ice melt was the 
major determinant of the extent of the summer increases in [CO3
2-
] at the IS, and to a lesser 
extent in the EWG (Figure 32). Years with early ice melt at the ice shelf such as 2009 
(SANAE 48) and 2011 (SANAE 50) had higher variability of [CO3
2-
] and Ωarag between the 
ice shelf region and the EWG, while years with later sea ice melt at the ice shelf such as 2010 
(SANAE 49) and 2012 (2012) had less variability of [CO3
2-
] and Ωarag between the ice shelf 
region and the EWG. 
[CO3
2-
] and Ωarag were lowest at the ice shelf during all weeks of SANAE 51 (when sea ice 
melt was very late) than during the other three years, with Ωarag reaching a mean weekly 
minimum of 1.3 during SANAE 51 (Figure 32b). SANAE 49 had similarly low [CO3
2-
] and 
Ωarag at the ice shelf during all weeks, where the timing of ice shelf ice thaw was also 
relatively late. The week with the highest mean Ωarag was found at the ice shelf during the last 
week of January 2011 (SANAE 50) where sea ice melt was very early. Here mean Ωarag was 
2.13, while during January 2009, where ice shelf ice thaw was relatively early (SANAE 48), 
Ωarag reached a weekly mean maximum of 2.1 (Figure 32). 
The seasonal evolution of [CO3
2-
] and Ωarag can be seen at the ice shelf during all years, where 
[CO3
2-
] and Ωarag are lower during early summer (early January) and peak in the period 
between the 15
th
 January and 4
th
 February, after which they decrease (Figure 32). During 
SANAE 51 where sea ice melt was very late, early and late summer ice shelf [CO3
2-
] and 
Ωarag were below or close to those of the estimated WW conditions, with only one week 
between the 29
th
 January and 4
th
 February 2012 where Ωarag increased above 1.5 The lack of 
data in the EWG limits the ability to understand the seasonal cycle of Ωarag, but the lack of 
interannual variability in Ωarag in the EWG suggests that the phasing of sea ice melt does not 
play as strong a role in determining the interannual variability of Ωarag in the EWG as it does 
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A dipole in [CO3
2-
] and Ωarag between the ice shelf and the EWG was seen during all years. 
Years with earlier ice shelf ice thaw had higher [CO3
2-
] and Ωarag at the ice shelf (SANAE 48 
and 50) had lower [CO3
2-
] and Ωarag in the EWG (Figure 32). Years with later ice shelf ice 
thaw had lower [CO3
2-
] at the ice shelf (SANAE 49 and 51) had higher [CO3
2-
] in the EWG 
(Figure 32a). At the ice shelf during SANAE 49 and 51, weekly mean [CO3
2-
] and Ωarag were 
never above 108.7µmol/kg and 1.64 respectively, while during SANAE 48 and 50 all weekly 
mean ice shelf surface water [CO3
2-
] and Ωarag were always above 109.1µmol/kg and 1.65 
respectively. [CO3
2-
] and Ωarag at the ice shelf during the lowest mean weeks of both SANAE 
48 and 50 were higher than the [CO3
2-
] and Ωarag during the highest mean weeks of both 
SANAE 49 and 51. The opposite was found in the EWG, where weekly mean [CO3
2-
] and 
Ωarag were lower during SANAE 48 and 51, where EWG ice melt was relatively late, than 





































































Figure 32. Weekly mean surface underway data for the Antarctic ice shelf (IS) and the Eastern 
Weddell Gyre (EWG) during the SANAE 48, 49, 50 and 51 cruises for carbonate ion concentration 
(CO3
2-
) at (a) the ice shelf and (b) the EWG, and for aragonite saturation state (Ωarag) at (c) the ice 
shelf and (d) the EWG. The Winter Water (WW) values were estimated from the depth where 
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4.1.6 Mean seasonal cycle of aragonite saturation state 
All available ice shelf surface data for all years was averaged to get a monthly mean TA and 
DIC for December, January and February, with winter conditions estimated from SANAE 50 
CTS’s (Table 3), (Figure 33a). In the EWG data was collected only during January and thus a 
mean summer TA and DIC was calculated. The seasonal evolution of Ωarag at the ice shelf 
shows that Ωarag increased from winter (Ωarag=1.34), to December (Ωarag=1.58), to January 
(Ωarag=1.62) and reached a maximum in early February (Ωarag=1.69), with a decrease in both 
TA and DIC from winter through to summer in early February (Figure 33a).  
 
The two first order mechanisms that change TA and DIC that will be analysed in this study 
are production and dilution, with production decreasing DIC and increasing TA and dilution 
decreasing both TA and DIC. Production decreased DIC and increased TA which increased 
the Ωarag, while dilution decreased both TA and DIC, decreasing the Ωarag. Salinity normalised 
TA (nTA) and DIC (nDIC) show the seasonal evolution of Ωarag at the ice shelf in the absence 
of dilution, which decreases both TA and DIC (Figure 33b). Without the effects of dilution, 
Ωarag reaches a maximum in February of approximately 1.85, suggesting that dilution 
decreased the summer Ωarag increases by approximately 0.16. Dilution had a greater effect on 
reducing Ωarag at the ice shelf than in the EWG. The mean seasonal decrease in Ωarag during 
summer was greater at the ice shelf than in the EWG (Figure 33). At the ice shelf Ωarag 
increased from winter to February by approximately 0.31, while in the EWG Ωarag increased 














































Figure 33.  Seasonal evolution of (a) mean January and February total alkalinity (TA) and dissolved 
inorganic carbon (DIC) at the ice shelf with vectors indicating various processes that altered TA and 
DIC, as inferred from the salinity normalised TA (nTA) and salinity normalised DIC (nDIC) below, 
with the mean summer EWG TA and DIC shown in red and (b) mean January and February nTA and 
nDIC at the ice shelf with the mean summer EWG nTA and nDIC shown in red. Winter surface water 
conditions have been estimated from SANAE 50 CTDs, contours show aragonite saturation state 
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4.2 Aragonite saturation states predicted for the future 
A simplified sensitivity test was conducted to determine at what surface water fCO2 would 
Ωarag decrease below 1, and what the Ωarag would be if surface water fCO2 was doubled, a 
likely scenario for the end of this century (Steinacher et al., 2009). Assumptions were made 
that atmospheric CO2 will increase according to the IPCC 92a scenario (IPCC, 2007), that the 
surface water fCO2 will remain in equilibrium with atmospheric fCO2 and that SST, SSS, 
nutrients and seasonality of the Antarctic ice shelf and EWG will remain unchanged during 
this century (Orr et al., 2005; McNeil and Matear, 2008).  
 
Three years were chosen to represent three future surface water scenarios at the ice shelf and 
in the EWG: Early sea ice thaw (SANAE 50), Late sea ice thaw (SANAE 51) and ‘Normal’ 
sea ice thaw (SANAE 49). When surface water fCO2 was increased by 160µatm, Ωarag 
decreased below 1 at the ice shelf during all three future summer surface water scenarios 
(Figure 34). An atmospheric CO2 increase of 160µatm is predicted to occur by 2054 under 
the IPCC 92a scenario (Steinacher et al., 2009). At the ice shelf, Ωarag fluctuated between 
0.95-1.50, 0.89-1.41, and 0.91-1.33 during the Early, “Normal” and Late sea ice melt 
scenarios respectively (Figure 34). The predicted mean Ωarag at the ice shelf for the year 2054, 
was highest (Ωarag=1.23) when sea ice melt was early and lowest when sea ice melt was late 
(Ωarag=1.08), (Table 12). In the EWG, “Normal” ice melt conditions resulted in the highest 
mean summer Ωarag (Ωarag=1.18), while both Early and Late sea ice thaw had a summer Ωarag 
of 1.10 (Table 12). At the ice shelf, mean pH was lowest (pH=7.95) during the Late sea ice 
thaw scenario, while in the EWG the lowest mean pH was found when sea ice thaw was 
early.   
Doubled surface water fCO2 resulted in the overall mean Ωarag at both the ice shelf and in the 
EWG decreasing below 1 (Table 12). In water where Ωarag < 1 the aragonite shells of 
aragonite calcifying organisms will dissolve. The only time that the mean Ωarag was above 1 
was during the Early sea ice thaw scenario at the ice shelf (Table 12). The overall mean pH 
predicted for the end of this century was calculated to be 7.85 at the ice shelf and 7.83 in the 
EWG, approximately 0.25 and 0.27 pH units respectively below the current surface water pH 
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All three ice thaw scenarios were combined to get a predicted mean December, January and 
February Ωarag for the middle of this century (fCO2 increased by 160µatm) and for the end of 
this century (fCO2 doubled). Winter conditions were estimated from SANAE 50 CTS’s 
(Table 3) where the winter fCO2 was increased by 160µatm (mid-century scenario) or 
doubled (end-of century scenario), (Figure 35). In the EWG data was collected only during 
January and thus a mean summer TA and DIC for the two future fCO2 increase scenarios was 
calculated.  
When surface water fCO2 was increased by 160 µatm, the seasonal evolution of Ωarag at the 
ice shelf showed that Ωarag increased from winter (Ωarag=1.03) to December (Ωarag=1.12) to 
January (Ωarag=1.7) to reach a maximum during early February (Ωarag=1.18), with a decrease 
in both TA and DIC from winter through to late summer in early February (Figure 35). In the 
EWG the summer increase in Ωarag was less, with mean summer Ωarag in the EWG of 
approximately 1.1. When surface water was doubled, mean Ωarag never increased above 1, the 
aragonite saturation horizon (Figure 35). Summer primary production (if unchanged from 
present levels) would have increased the Ωarag from a winter minimum of approximately 0.78 
to a summertime maximum during early February of 0.95. 
 
Table 12. Mean aragonite saturation state (Ωarag) and mean pH at the ice shelf and in the EWG for the 
three future surface water scenarios (Early ice thaw, Normal ice thaw and Late ice thaw), with surface 
water fCO2 increased by 160µtm (predicted by IPCC92a for the year 2054) and with surface water 
fCO2 doubled (predicted by IPCCa92a for the year 2100). 










Scenario Ωarag pH Ωarag pH Ωarag pH Ωarag pH 
Early ice thaw 1.28 8.01 1.10 7.93 1.03 7.90 0.85 7.81 
Normal ice thaw 1.09 7.96 1.18 7.96 0.87 7.85 0.94 7.85 
Late ice thaw 1.08 7.95 1.10 7.95 0.79 7.80 0.86 7.83 

























































Figure 34. Predictions of the aragonite saturation state (Ωarag) at the ice shelf with fCO2 increased by 
160µatm for three future sea ice scenarios, (a) Early sea ice thaw, (b) Normal sea ice thaw, (c) Late 




















































Figure 35.  Surface water fCO2 was increased by 160µatm (green) and surface water fCO2 was 
doubled (blue) while TA was unchanged from present conditions, to analyse the possible seasonal 
cycle of Ωarag as fCO2 increases during this century. Seasonal evolution of mean January and February 
total alkalinity (TA) and dissolved inorganic carbon (DIC) at the ice shelf , with the mean summer 
EWG TA and DIC shown in red. Winter surface water conditions have been estimated from SANAE 






















The seasonal cycle is the dominant mode of variability that couples climate forcing 
mechanisms to ecosystem variability in production (Thomalla et al., 2011) It is therefore 
important to understand the climate influence on the seasonal cycle and how it might 
influence ecosystem phenology and productivity, which, in turn, affect ocean 
biogeochemistry. In order to predict the trends and understand the effects of Ocean 
Acidification on marine ecosystems, regional scale ecosystem response to variability in the 
seasonal cycle need to be understood. Recent studies in both the Arctic Ocean (Steinacher et 
al., 2009; Yamamoto et al., 2012) and the Antarctic Ocean (McNeil and Matear, 2008) have 
highlighted the importance of the seasonal cycle in hastening the onset of surface water 
Ocean Acidification. 
 
Coupled ocean-atmosphere modelling and empirical data studies suggest that surface waters 
in some regions of the Southern Ocean are likely to become undersaturated with aragonite 
(the less stable form of calcium carbonate) as early as the year 2030 (McNeil and Matear, 
2008), by 2050 (Orr et al., 2005) or as late as the 22
nd
 century when atmospheric CO2 levels 
reach 1200µatm (Feely et al., 2004). The processes that influence the trends in Ocean 
Acidification within the Southern Ocean are complex due to the combination of seasonal 
variability, very low surface temperatures, sea ice, upwelling processes and high Revelle 
Factors (Orr et al., 2005; Sabine et al., 2004). McNeil and Matear (2008) show that there is 
large spatial and seasonal variability of carbonate ion concentration in the Southern Ocean, 
and highlight the need for a more robust understanding of how changes in the seasonal 
variability influences carbonate conditions that could become detrimental for marine 
calcifiers. Surface water aragonite undersaturation (Ωarag < 1) will not only result in the 
dissolution of aragonite shelled organisms such as the Thecosome Pteropods, but will also 
affect the ecosystem stability through calcifiers physiological adaptation to decreasing 
concentrations of carbonate ions (Fabry et al., 2008). 
 
In the Southern Ocean in situ data is sparse and thus the current Ωarag in most regions can 
only be estimated using models. This study shows that the seasonal cycle of sea ice thaw and 
summer primary production is important in increasing the summer surface water Ωarag and 
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of sea ice thaw caused interannual variability in summer primary production and in the extent 
of the summer surface water increase in Ωarag.  Austral summer Ωarag at the Antarctic ice shelf 
(71-68°S 4°E-13°W) and in the Eastern Weddell Gyre (EWG, 68-58°S 4°E-30°W) is 
currently above the level at which the mineral form of aragonite is thermodynamically stable 
(Ωarag > 1), (Figures 13b,19b,25b,30b). At the ice shelf during all four years, the 
photosynthetic uptake of CO2 increased the carbonate ion concentration [CO3
2-
], from 
between 79-120µmol/kg when fCO2 was high during early summer, to between 100-
145µmol/kg when fCO2 had decreased by mid-January/early February (Figures 
14b,19b,24b,29b). At the Antarctic ice shelf, interannual variability in the timing of sea ice 
thaw saw years with early sea ice melt (such as 2009 and 2011) having higher Ωarag than 
years with late sea ice melt (such as 2010 and 2012), (Figures 10,32c). While all years 
showed supersaturated Ωarag (Ωarag > 1), the timing and extent of the summer Ωarag increase 
differed interannually, being primarily affected by sea ice thaw, dilution and primary 
production. We also examined how the surface water Ωarag would be affected by increased 
fCO2 conditions predicted to occur through the 21
st
 century (IPCC, 2007), assuming that 
climate change drivers that affect primary production and sea ice thaw remain unchanged.  
 
 
5.1 Seasonal cycle of Ocean Acidification at the Antarctic ice shelf and in the Eastern 
Weddell Gyre 
Productivity and hence carbon dynamics in much of the Southern Ocean, especially the 
marginal ice zone (MIZ) are characterised by a strong seasonal cycle (Thomalla et al., 2011). 
Within the Eastern Weddell Gyre (EWG) of the Southern Ocean, the seasonal cycle of water 
masses has been well documented (Carmack and Foster, 1975; Foldvik et al., 1985). Winter 
storms cause DIC-rich Weddell deep water (WDW) to be upwelled within the EWG (Gordon 
et al., 1981; Gordon and Huber, 1990). WDW is the source water to the Weddell Sea and 
mixes with the surrounding, cooler shelf water to become Modified Weddell Deep Water 
(MWDW) and eventually after heat loss through mixing, Winter Water (WW) with 
characteristic near freezing temperatures and salinities of between 34.20-34.52psu (Foster 
and Carmack, 1976a; Jones et al., 2010; Orsi et al., 1993; Whitworth and Nowling, 1987). 
Much of this characteristically very cold and high DIC WW is capped by sea ice during 
winter which limits gas exchange with the atmosphere (Hoppema et al., 1999; Takahashi et 
al., 1993). In winter and early summer before the development of spring phytoplankton 
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fCO2 reaching levels of 400µatm (Takahashi et al., 1993) and 375µatm (Bakker et al., 1997). 
Bakker et al (2008) found a surface water ∆fCO2 (w-a) of up to 40µatm in some regions of 
the Weddell Gyre. During summer, sea ice melt freshens and warms WW, stratifying the 
upper layers of the water column and decreasing the Mixed Layer Depth (MLD), forming a 
less dense layer of Summer Surface Water (SSW) above the cooler and more saline WW 
(Carmack and Foster, 1975). It is this seasonal ice melt that drives water column stratification 
through the formation of shallow mixed layers (Smith and Nelson, 1985) and increased iron 
supply (Martin, 1990; Geibert et al., 2010), relieving light and iron limitation that are critical 





Examination of the surface water biogeochemistry during the four Antarctic ice shelf 
summers, shows a pattern of higher fCO2 in early summer (late December and early January) 
and a decrease in surface water fCO2 as summer progresses (late January and early February), 
(Figures 11c,15c,21c,27c). Increases in chlorophyll a fluorescence were indicative of 
phytoplankton blooms, which correlated well to periods of low fCO2 during all years at the ice 
shelf. Surface water salinity and thus stratification at the ice shelf is primarily controlled by 
sea ice processes. A shallower mixed layer depth (MLD) and low SSS were observed to result in 
increased chlorophyll a fluorescence and decreased fCO2 at the ice shelf during SANAE 49, 50 
and 51, where CTD data was available (Figures 16,22,28). This suggests that sea ice melt 
decreased SSS, forming a stratified upper water column with shallow MLD’s, where sufficient 
light and iron could facilitate high levels of primary production. This highlights the 
importance of summer sea ice thaw in stratifying the water column which initiates summer 
phytoplankton blooms, decreasing surface water DIC and increasing the Ωarag, and thus 
limiting the dissolution of calcifiers (Figures 14,20,26,31). 
 
Many studies have investigated the summer photosynthetic fCO2 drawdown in the Southern 
Ocean (Metzel et al., 2006; Takahashi et al., 1993) and in different Southern Ocean regions 
such as Prydz Bay (Gibson and Trull, 1999), the Ross Sea (Arrigo et al., 2007; Sweeney, 
2003), downstream of South Georgia (Jones et al., 2012) and the Weddell Gyre (Bakker et 
al., 1997; Bakker et al., 2008; Jones et al., 2010; Hoppema et al., 1995; Hoppema et al., 
2000). All these studies highlight the importance of spring/summer phytoplankton blooms, 
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Changes in sea ice cover were found to be closely linked to interannual variability in annual 
production in a study by Arrigo et al (2008) in the Southern Ocean, where the Antarctic sea 
ice area typically increases from March to September and decreases from October to 
February (Kimura and Wakatsuchi, 2011). The timing of sea ice melt was found to be a major 
driver of interannual variability in surface water properties, carbon characteristics and 
primary production within the Ross Sea (Arrigo et al., 2007).  Arrigo et al (2007) showed that 
inter-annual sea ice cover in the Ross Sea during a six year study (1997-2003) was highly 
variable, with three years displaying normal springtime sea ice retreat and three years 
showing late sea ice melt. Primary production was found to be higher during the years with 
normal sea ice melt than during the years with late sea ice melt, suggesting a positive 
relationship between early sea ice melt and increased primary production.  
 
Thomalla et al (2011) show that in the Southern Ocean MIZ, the first and second weeks of 
December are the critical period for the initiation of phytoplankton blooms, and thus early sea 
ice melt in December would be favourable for increased primary production, as was observed 
in this study during SANAE 50 (Figure 22b,d). During the SANAE 51 where sea ice melt 
was very late, the summer bloom initiation occurred in mid-January, meaning that the 
phytoplankton had a shorter, less favourable summer period.  Towards the end of summer 
(late January/February) the heat flux has decreased sufficiently so that if sea ice melt is late 
there will be less light available for photosynthesis and thus December bloom initiation is 
critical (Thomalla et al., 2011). 
 
In this study, the interannual timing of sea ice thaw varied considerably, with very early sea 
ice thaw conditions during SANAE 50 (2010/2011) and very late sea ice melt conditions 
during SANAE 51 (2012), (Figure 10). As found in Arrigo et al (2007), this study showed 
years with relatively summer early sea ice thaw (SANAE 48 and 50) to have lower surface 
water fCO2 and higher [CO3
2-
] at the Antarctic ice shelf, while years with relatively later 
summer sea ice thaw (SANAE 49 and 51) to have higher surface water fCO2 and lower 
[CO3
2-
] (Table 10,11).  This suggests that during January 2009 and 2011 (SANAE 48 and 50) 
early sea ice thaw during the critical first weeks of December stratified the upper water 
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a fluorescence at the ice shelf during SANAE 48 and 50 confirm the presence of SSW 
(Figures 11a,c,21a,b,c,22). During SANAE 50, underway surface chlorophyll a fluorescence 
was almost zero but CTD data showed that just below the surface chlorophyll a fluorescence 
increased, suggesting that a thin layer of less dense, warmer water had capped the productive 
SSW. Late sea ice thaw as seen during SANAE 49 and 51 would suggest denser SSW at the 
ice shelf, a less stratified water column with a deeper MLD resulting in light limitation, and 
thus lower primary production and lower [CO3
2-
] at the ice shelf, as was observed (Figures 
15a,c,16,27a,c,28, Table 11). Both these years had relatively high concentrations of DIC 
during IS1 where the MLD was usually below 50m, with the highest DIC of 2210µmol/kg 
found during January 2012 where sea ice still covered most of the Antarctic coastline 
between 0-10°W (Figure 10).  By IS2 DIC had decreased in both SANAE 49 and 51 with an 
increase in chlorophyll a fluorescence and a decrease in the MLD (Figure 28,d, Table 11). 
 
From these four years it can be seen that there were two contrasting sea ice and subsequent 
surface water fCO2 scenarios at the ice shelf, which had a direct effect on the surface water 
[CO3
2-
] and Ωarag. The first scenario being early sea ice thaw, with a longer summer period of 
ice-free, fresh summer surface water (SSW) and higher Ωarag, as seen during SANAE 50 
(2011). The second scenario is when there is late sea ice thaw, which shortens the summer 
season, with only around a month in which surface waters are ice free and sea ice melt 
induced water column stability can allow for the development of phytoplankton blooms, as 
seen during SANAE 51 (2012).  
 
Ocean Acidification is more sensitive to changes in fCO2 in regions with higher Revelle 
Factors than in regions with lower Revelle Factors (Egleston et al., 2010). The Revelle Factor 
describes how the oceanic fCO2 changes for a given change in DIC, where the oceanic 
capacity for CO2 uptake is inversely proportional the Revelle Factor (Sabine et al., 2004). 
The Revelle Factor tells us the sensitivity of fCO2 to changes in TA and DIC, where 
               
               
                  
 
   
   
    (Sarmiento and Gruber, 2006). An increase in 
DIC will result in an increase in the Revelle Factor, while an increase in TA decreases the 
Revelle Factor. An overall mean summer surface water Revelle Factor of 14.3 was calculated 
for all years combined during this study which is below the average surface water Revelle 
Factor for the Southern Ocean of approximately 15 (Sabine et al., 2004). This is due to the 
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surface water DIC and thus decreased the Revelle Factor. A below average Revelle Factor 
during summer suggests that the Ωarag will be less affected by variations in fCO2, while 
during winter, where WW had a mean Revelle Factor of 15.85±0.45 (Table 3) and early 
summer when the Revelle Factor was high (> 15) a small increase in fCO2 will result in a 
much greater decrease in Ωarag.  
 
All years during this study showed that the summer photosynthetic CO2 uptake decreased 
DIC and therefore the Revelle Factor and increased [CO3
2-
], Ωarag, and pH in the SSW, 
creating favourable summertime conditions for marine calcifying organisms. The interannual 
variability in the timing of sea ice thaw resulted in the two years with early sea ice thaw 
(SANAE 48 and 50) having higher Ωarag and lower Revelle Factors at the Antarctic ice shelf 
than the two years where sea ice thaw was later (SANAE 49 and 51). The mean Ωarag at IS2 
during both SANAE 48 and 50 was above 1.9 due to the undersaturated fCO2 conditions 
(Table 11). A minimum Ωarag of 1.16 was observed on the 11
th
 January 2010, during SANAE 
49 (Figure 19b). This low Ωarag was linked to high Revelle Factors of around 17 (Figure 19a) 
and a deepening in the MLD (Figure 16) limiting light availability for primary production, 
likely to have been caused by upwelling and mixing processes at the ice shelf. At the 
beginning and end of summer during the SANAE 51 ice shelf stations, Ωarag was also very 
low, reaching minimum values of 1.23 and 1.2 during IS1 and IS2 respectively (Figure 30b). 
This suggests that the Ωarag in the WW during the winter of 2011 was around 1.2 and that 
summer productivity reduced the surface water fCO2 and increased the Ωarag during January 
and February, decreasing the possibility of pteropod shell dissolution. A recent study by 
Bednarsek et al (2012) showed that live SO pteropods began to experience shell dissolution 
in waters with 0.98 > Ωarag > 1.12. Therefore even if the pteropods are able to calcify in 
waters where Ωarag < 1 (Roleda et al., 2012) their rate of calcification may not be sufficient to 
stop dissolution of their shells from occurring.  
 
Natural seasonal variation is believed to either amplify (Orr et at., 2005; Steinacher et al., 
2009; Yamamoto et al., 2012) or mitigate Ocean Acidification (McNeil and Matear, 2008). 
To understand the seasonal variability of Ωarag, we need to look at the processes that control 
Ωarag and how they are affected by variability in the seasonal cycle. Carbonate ion 
concentration in the oceans is controlled by changes in TA and DIC (see eq. 2.2.14), where 
higher TA increases [CO3
2-
] and higher DIC decreases [CO3
2-
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The formation and dissolution of CaCO3 minerals changes TA and DIC in a ratio of 2:1. 
Variations in CaCO3 were previously thought to be solely due to marine calcifying 
organisms, but are now also believed to be influenced by sea ice formation and melting 
(Bakker et al., 2008; Jones et al., 2010). Recent sea ice research has shown that during sea ice 
formation, CO2 is more efficiently rejected than TA, leading to higher concentrations of TA 
relative to DIC in the sea ice compared to the surrounding sea water (Rysgaard et al., 2012). 
The ratio of TA:DIC within sea ice has been found to be as high as 2:1, indicating that natural 
CaCO3 is formed in sea ice, which has been confirmed by the discovery of  ikaite crystals 
(CaCO3•6H2O) in both southern and northern hemisphere sea ice (Dieckmann et al., 2008, 
2010; Rysgaard et al., 2012).  How the precipitation and release of ikaite crystals affects the 
surface ocean carbonate chemistry in the Southern Ocean is complex and remains poorly 
understood. During sea ice melt in spring and summer, CaCO3 minerals within the melting 
ice should increase the TA and DIC and decrease the fCO2 of the surface mixed layer. A TA 
and DIC increase in the summer surface layers of the WG was not observed during previous 
studies (Bakker et al., 2008; Jones et al., 2010) but rather a decrease of TA and DIC in a 2:1 
ratio was found, confirming the complexity of this natural process. TA in this study was 
calculated using an empirical second order linear regression equation for the Southern Ocean 
region according to Lee et al (2006), where SSS and SST are used to estimate TA. Due to 
this, any ikaite mineral dissolution processes or calcification processes causing variability in 
TA and DIC (which are considered a second order effort compared to variations in TA and 
DIC through primary production and dilution) would not have been observed. 
 
The extent to which calcifiers shells and skeletons are affected by increasing CO2 depends 
upon the CaCO3 saturation state (Ω), (Fabry et al., 2008), where  
          
       
       . An Ωarag < 1 results in the dissolution of aragonite calcifier 
shells. Ocean [CO3
2-
] can be approximated as [TA - DIC] (eq. 2.2.14) and therefore an 
increase in TA will result in an increase in [CO3
2-
] and in an increase in Ωarag (Sarmiento and 
Gruber, 2006). Ωarag was found by Yamamoto et al (2012) in the Arctic Ocean, to decrease 
predominantly due to increased oceanic CO2 uptake from the atmosphere and to a lesser 
extent from dilution as a result of freshwater input, and to increase due to primary production, 
warming of the surface water (as gas solubility decreases with increasing temperature 
(Takahashi et al., 1993)) and due to transport of carbon out of the surface water layers. For 
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DIC into first order and second order mechanisms. The first order mechanisms that will be 
investigated are production and dilution. Production decreases DIC and increases TA in a 
117:16 ratio due to the uptake of CO2 and H
+
 ions during photosynthesis (Sarmiento and 
Gruber, 2006; Zeebe and Wolf-Gladrow, 2001). Dilution occurs in MIZ primarily due to sea 
ice melt and results in a decrease in both TA and DIC (Yamamoto et al., 2012). The second 
order mechanisms that influence the [CO3
2-
] through variations in TA and DIC are the air-sea 
flux of CO2 gas (only affects DIC) and the precipitation and dilution of mineral CaCO3, 
which changes TA and DIC in a ratio of 2:1 (Zeebe and Wolf-Gladrow, 2001). Although the 
second order mechanisms are important, in this study we will focus on the first order 
mechanisms as they appeared to be the dominant controlling mechanisms of the interannual 
seasonal variability in Ωarag at the ice shelf.  
 
Surface water Ωarag was increased primarily through primary production decreasing DIC and 
was mainly decreased through the reduction of TA by dilution from sea ice melt (Figures 
14,20,26,31). Winter Ωarag has been estimated from SANAE 50 CTD’s where winter water 
(WW) is defined as the water below the surface where potential temperature is at a minimum 
as in Jones et al (2010), (Table 3). From winter to summer both TA and DIC decreased in all 
years, resulting in an increase in Ωarag. In the Southern Ocean winter upwelling causes an 
increase in surface water TA and DIC as deeper waters have accumulated TA from the 
dissolution of CaCO3 and DIC-rich Circumpolar Deep Water (Key et al., 2004; Whitworth 
and Nowling, 1987). Thus in winter, surface water TA and DIC are high, causing Ωarag to 
reach a winter seasonal minimum, as seen during this study and in McNeil and Matear 
(2008). Summer production in the stratified surface layers decreases DIC, increasing the Ωarag 
(Figure 33). Salinity normalised TA (nTA) and DIC (nDIC) show that in the absence of 
dilution, production would have resulted in a likely increase in the overall mean Ωarag by 
approximately 0.45, from a winter Ωarag of 1.38 to a summer Ωarag of 1.83. Dilution decreased 
the increase in Ωarag from winter to summer by approximately 0.31, resulting in a summer 
maximum Ωarag in early February of 1.69 (Figure 33). Surface water Ωarag in the EWG was 
less influenced by the interannual variability in the seasonal cycle than Ωarag at the ice shelf 
(Figure 32b,c). 
 
SANAE 48 (2009) was the only year where the Ωarag was higher in January than in February, 
as January TA and DIC concentrations were higher and lower respectively than in February 
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February having the highest Ωarag (Figure 20,26,31).  The formation of stratified layer of SSW 
by February (late summer) facilitated primary production, decreasing fCO2 and increasing 
Ωarag, thus creating favourable conditions for marine calcifying organisms. All years show 
that small variations in DIC resulted in variations in Ωarag, while small and even large 
(SANAE 49, Figure 20a) variations in TA had a much lesser effect on Ωarag. This is important 
for Ocean Acidification in the future, where some studies suggest that summer surface water 
TA will decrease during this century, due to increased stratification limiting the upwelling of 
deeper waters with higher concentrations of TA from calcium carbonate dissolution, and due 
to increased sea ice melt as SSTs increase, resulting in higher levels of TA dilution (Doney, 
2006; Yamamoto et al., 2012). Future DIC is predicted to increase as a result of increasing 
air-sea CO2 exchange as anthropogenic CO2 increases (Yamamoto et al., 2012). A further 
concern is that if production decreases with climate change through increased stratification 
limiting the upwelling of nutrients (Steinacher et al., 2010), dilution may result in rapidly 
decreasing the Ωarag below the winter minimum without the primary production contribution 
to remove surface water CO2 and increase Ωarag. 
 
This study shows that the ice shelf and the EWG are two separate systems, with surface water 
Ωarag the ice shelf being much more sensitive to variations in the timing of sea ice melt than 
surface water Ωarag in the EWG. During years with early sea ice melt in the EWG (SANAE 
49 and 50) weekly mean Ωarag in the EWG was mostly higher than the weekly mean Ωarag 
during years where ice melt in the EWG was later (SANAE 48 and 51). Weekly mean ice 
shelf Ωarag was never below 1.6 during SANAE 48 and 50 where ice shelf sea ice melt was 
early, while Ωarag during these two years in the EWG was much lower never going above 
1.56. Conversely, during SANAE 49 and 51 where ice shelf ice melt was late, weekly 
averaged Ωarag was lower at the ice shelf (below 1.45) than in the EWG, where weekly 
averaged Ωarag increased to around 1.6 (Figure 32). During SANAE 48 and 50, weekly 
averaged [CO3
2-
] was always above 105µmol/kg, the average [CO3
2-
] in the Southern Ocean 
(Orr et al., 2005), while during SANAE 49 and 51 the opposite was found, with ice shelf 
weekly average [CO3
2-
] being close to or below 105µmol/kg. This highlights the importance 
of understanding regional scale carbonate processes especially in ice shelf regions where the 
phasing of sea ice thaw is critical.  
 
In summary, interannual variability in the timing of the summer sea ice thaw was the major 
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ice thaw resulted in increased primary production, decreased surface water fCO2 and 
increased Ωarag, while the opposite was observed for late sea ice thaw. Surface water Ωarag was 
at a minimum during winter and increased through summer, reaching a maximum during late 
January/early February during all years. Production was the major driver of the summer 
increase in Ωarag, with dilution of TA from sea ice melt dampening the summer Ωarag increase. 
All years showed increased summertime Ωarag highlighting the importance of seasonal 
phytoplankton blooms in decreasing the possibility that marine calcifiers may experience 
shell dissolution which would likely have knock-on effects for the ice shelf ecosystem.  
 
 
5.2 Ecosystem implications of carbonate ion variability 
 
Ocean Acidification will affect the process of calcification, as calcifying organisms 
precipitate calcium carbonate minerals through the reaction of calcium and carbonate ions 
(Royal-Society, 2005). There are contrasting views on whether calcification is possible in 
waters where the carbonate saturation state (Ω) is < 1 (Roleda et al., 2012), but there is 
agreement that in water where Ω  < 1, dissolution of shells and skeletons is likely (Fabry et 
al., 2008). Comeau et al (2010) showed that when fCO2 was experimentally increased, the 
Arctic aragonite calcifying Pteropod, Limacina helicina was still able to calcify even when 
Ωarag decreased below 1, although calcification rates did decrease as Ωarag decreased. A recent 
study by Bednaršek et al (2012) showed that live pteropods showed shell dissolution in 
Antarctic surface waters where 0.98 > Ωarag > 1.12. All surface waters during our study 
showed supersaturated aragonite conditions at the Antarctic ice shelf and in the EWG, with 
Ωarag > 1. Aragonite calcifiers such as pteropods, would have likely not experienced shell 
dissolution at the ice shelf during the summers of 2009 (Figure 13b), 2010 (Figure 19b), 2011 
(Figure 25b) and 2012 (Figure 30b). Winter Water (WW) conditions observed during 
SANAE 50 (Ωarag=1.34±0.07) suggest that during winter surface water Ωarag was > 1 and 
therefore aragonite calcifiers would have likely not been detrimentally affected by low Ωarag 
during winter.  
 
Although calcification was possible and dissolution was unlikely during all years due to the 
Ωarag being > 1, the physiological implications of calcification in water where carbonate ion 
concentrations are low come into effect well before the Ωarag =1, which impacts on the entire 
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Acidification experiments (Riebesell et al., 2000) as well as paleoceanographic studies 
(Barker and Elderfield, 2002) show a positive correlation between increased [CO3
2-
] and 
calcification rates, and a negative correlation between decreased [CO3
2-
] and calcification 
rates. This means that as [CO3
2-
] decreases, calcification will become increasingly difficult 
requiring a greater proportion of energy, and could negatively affect calcifiers, their predators 
and ecosystems before undersaturation is reached (Fabry et al, 2008; Royal-Society, 2005). 
When [CO3
2-
] decreases, calcifying organisms concentrate an increasing proportion of their 
energy on the process of calcification, therefore neglecting other vital processes such as 
growth and reproduction (Seibel et al, 2012). So, in waters where Ωarag is close to but > 1, 
calcifying organisms may experience significantly decreased growth and reproductive 
success, impacting the balance of the ecosystem, even though calcification is still 
thermodynamically stable. Due to the physiological and ecosystem implications of 
Acidification coming into effect before the Ωarag decreases < 1, Ocean Acidification effects on 
ecosystem processes will likely be a concern in the near future, before  the aragonite 
saturation horizon reaches the surface (Fabry et al, 2008; Royal-Society, 2005; Orr et al., 
2005).  
 
The seasonally driven Antarctic ecosystem is home to many endemic species (Griffiths, 
2010). Aragonite-calcifying pelagic gastropod molluscs, known as Thecosome (shelled) 
pteropods, are prominent components of polar ecosystems (Comeau et al., 2009, 2010; Hunt 
et al., 2008, 2010). These zooplankton are an important link in the Antarctic trophic structure 
as both predators and prey, grazing on smaller diatoms, copepods and phytoplankton while 
being prey items for the larger Gymnosome (naked) pteropods, zooplankton, fish, whales and 
some  sea birds (Hunt et al., 2008; Karnovsky et al., 2008). Pteropod life cycles are poorly 
understood with only a few studies of both the Arctic and Antarctic pteropods (Hunt et al., 
2008). Literature suggests that Antarctic pteropods survive for 1-2 years, having two 
generations per life cycle (Hunt et al., 2008; Kobayashi et al., 1974; Seibel and Dierssen, 
2003). The spawning events are during spring and late summer, with young juveniles or 
larvae having to survive overwinter surface water conditions (Hunt et al., 2008). The most 
dominant Southern Ocean Thecosome pteropod is Limacina helicina, a bipolar species 
believed to be particularly vulnerable to ocean acidification (Hunt et al., 2010). Sediment 
traps in the Southern Ocean show that just below the aragonite saturation horizon pteropod 
shells (predominantly Limacina helicina) showed signs of partial dissolution and pitting 
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In this study, two contrasting extreme summer sea ice melt scenarios were observed, early sea 
ice melt (2011) and late sea ice melt (2012). The timing of sea ice melt had a direct effect on 
the surface water biogeochemistry and would have therefore affected the Antarctic ice shelf 
and EWG ecosystems. A schematic of the contrasting sea ice conditions and the subsequent 
ecosystem implications can be seen in figure 36 showing how the interannual variability in 
the timing of sea ice melt may have trade-offs for the Antarctic ecosystem. Seasonal sea ice 
creates a critical habitat for sea ice algae and Antarctic krill, both of which play important 
roles in the Antarctic ecosystem (Brierly et al, 2002; Smetacek and Nicol, 2005; Thomas and 
Dieckmann, 2010). Sufficient winter sea ice is essential for the survival of sea ice algae that 
support Antarctic krill (Atkinson et al., 2004). Atkinson et al (2004) showed a positive 
relationship between sea ice extent and krill density in the Southern Ocean, thought to be due 
to higher levels of sea ice algae or possibly increased protection from the sea ice. Krill are 
critical species in the Southern Ocean ecosystem, being key to an energy efficient food web, 
an important prey source for albatross, penguins, seals and whales (Atkinson et al, 2004). 
Thus during years with late sea ice melt such as SANAE 51 (2012), there would likely be 
persistency of sea ice algae, krill and their predators (Figure 35a). The opposite is true for the 
calcifying pteropods, which rely on sufficient summer sea ice melt in initiating summer 
phytoplankton blooms to increase the Ωarag. Pteropods rely on phytoplankton as a source of 
food as well as to decrease surface water fCO2 and increase Ωarag, and thus during early sea 
ice melt when primary production is higher, pteropods densities will likely increase. 
Although years with earlier sea ice melt seem to favour the survival of calcifying organisms 
such as pteropods, they are likely to be less favourable to the Southern Ocean krill 
population.  
 
This highlights the importance of the timing and extent of sea ice melt in increasing the 
summer Ωarag to a level where pteropods do not experience shell dissolution, and are able to 
grow and reproduce. As atmospheric and hence surface water fCO2 increases due to 
anthropogenic activities, the seasonal summer fCO2 decrease and subsequent Ωarag increase 
may become the only time in which pteropods will be able to survive. In the next few 
decades, even if summer biological drawdown of CO2 increases Ωarag to levels where 
dissolution does not occur, the winter increase in fCO2 and subsequent decrease in Ωarag to 
levels of undersaturation will likely be detrimental to the pteropod population due to their 
overwintering lifestyles, leading to their northward migration or decline (McNeil and Matear, 












































Figure 36. Schematic representation of two Austral summer scenarios for the Antarctic Ice shelf 
region with (a) being when there is low summer sea ice melt and (b) being when there is high summer 
sea ice melt 
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As increased anthropogenic CO2 enters the surface waters during this century, the 
concentration of DIC in the surface waters will increase causing a decrease in the oceans 
buffering capacity and resulting in higher sensitivity to local variability of DIC and TA 
(Egleston et al., 2010). This will likely result in local seasonal variations in Ωarag which are 
mainly controlled by summertime primary production and dilution, being considerably 
amplified (Egleston et al., 2010). Increasing anthropogenic CO2 will affect the oceans in two 
ways: the first is through climate change, causing ocean warming, sea ice melt and changes in 
ocean stratification and the second is through the process of Ocean Acidification (the 
chemical reaction of CO2 with H2O to increase the H
+
 ions and decrease the CO3
2-
 ions) 
(McNeil and Matear, 2007; Steinacher et al., 2009). In the Arctic Ocean, climate change 
effects have been shown to amplify the process of Ocean Acidification, through increased 
oceanic CO2 uptake, as sea ice cover retreats, as well as through the decrease in [CO3
2-
] by 
the increased addition of fresh water through sea ice melt (Steinacher et al., 2009; Yamamoto 
et al., 2012). Increasing sea surface temperatures as a result of climate change have been 
shown to increase surface water [CO3
2-
] through solubility-driven CO2 out-gassing due to gas 
being less soluble in warmer water (McNeil and Matear, 2007; Orr et al., 2005). In the 
Antarctic Ocean, future changes in surface water [CO3
2-
] as a result of increased flux of 
atmospheric CO2 into the surface waters and due to the upwelling of DIC-rich WDW, are 
predicted to more than offset the increase in [CO3
2-
] as a result of ocean warming (McNeil 
and Matear, 2007).  
 
McNeil and Matear (2008) looked at future Southern Ocean surface water [CO3
2-
] and pH 
with various atmospheric fCO2 increases scenarios, neglecting the impacts of climate change 
on Ocean Acidification. Orr et al (2005) show that variations in [CO3
2-
] due to variations in 
temperature are very small, while Gruber (2011) suggest that SST’s in the Southern Ocean 
are not likely to change much during this century. Here we examine future changes in Ocean 
Acidification assuming that TA remains constant and that climate change effects are 
negligible, as in Orr et al (2005). 
 
Carbonate ion concentration in modern day surface Southern Ocean waters has already been 
reduced since preindustrial times by 18µmol/kg (Orr et al., 2005), and is predicted to 
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the next few decades (McNeil and Matear, 2008; Orr et al., 2005). In this study, three years 
were chosen to represent three future sea ice melt and surface water scenarios at the ice shelf 
and in the EWG: Early sea ice thaw (eg: SANAE 50), Late sea ice thaw (eg: SANAE 51) and 
Normal sea ice thaw (eg: SANAE 49). Surface water fCO2 was increased by 160μatm, while 
TA, SST and SSS were unchanged, to calculate a possible surface water Ωarag state for the 
year 2054 (Figure 34). The Intergovernmental Panel on Climate Change (IPCC) have put 
forth two atmospheric CO2 increase scenarios: the IS92a ‘continuously increasing’ scenario 
where atmospheric CO2 reaches 788µatm by the year 2100, and the S650 ‘stabilization’ 
scenario where by 2100 atmospheric CO2 concentrations reach 563µatm. As current 
atmospheric CO2 levels are approximately 392ppmv (Tans and Keeling, 2011), it follows that 
an increase of 160ppmv increase would increase atmospheric CO2 levels to around 550ppmv. 
Under the IPCC IS92a scenario, atmospheric CO2 concentration is predicted to reach 552ppm 
by the year 2054 - the middle of this century (Steinacher et al., 2009). If this IPCC prediction 
is accurate, our study suggests that by 2054 the Antarctic ice shelf surface waters between 
4°E and 14°W will experience periodic intra-seasonal aragonite undersaturated conditions 
during the summer (Figure 34). With surface water fCO2 increased by 160µatm, the highest 
mean Ωarag at the ice shelf of 1.28 was found during the Early ice thaw scenario, while the 
Late ice thaw scenario resulted in the lowest mean Ωarag at the ice shelf of 1.08 (Table 12). In 
the EWG, the mean Ωarag was highest (Ωarag=1.18) during the “Normal” ice thaw scenario 
than during both the Early and Late ice thaw scenarios (Table 12). As we saw in section 5.1, 
the summer surface water Ωarag was likely to be controlled mainly by primary production and 
dilution through sea ice melt. Early sea ice thaw resulted in increased production and thus in 
a higher surface water Ωarag (Figure 34a). This may be the true under the present climate 
conditions, but in the future where increased stratification is predicted to decrease upwelling, 
limiting the supply of nutrients to surface water and decreasing primary production, in 
combination with possible increased dilution from sea ice melt (Steinacher et al., 2010), the 
seasonal summertime increase in Ωarag will likely become smaller. 
 
The predicted aragonite undersaturation of the ice shelf and EWG surface waters by the year 
2054 agrees well with Orr et al (2005), where 13 ocean-carbon models were used to predict 
aragonite undersaturation in Southern Ocean surface waters to occur by the year 2050. 
McNeil and Matear (2008) using an empirical data analysis show the Antarctic ice shelf and 
the EWG will likely experience winter aragonite undersaturation by the year 2030, 30 years 
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They propose that early aragonite undersaturation will likely occur between 65 and 70°S in 
the winter months, due to the winter upwelling of DIC-rich sub-surface waters in this 
latitudinal band.  
 
As a direct result of increased bicarbonate ions and decreased carbonate ions due to an 
increase in surface water fCO2, the mean surface water pH decreased below 8 at both the ice 
shelf and in the EWG during all ice thaw scenarios, except during the Early ice thaw scenario 
at the ice shelf where the mean pH was 8.01 (Table 12). The overall mean of 7.97 is slightly 
more than a 0.1 decrease from the current average surface water pH of 8.1 (Royal-Society, 
2005).  
 
This study also shows that the Southern Ocean seasonality will influence future surface water 
Ωarag at the Antarctic ice shelf and in the EWG, resulting in periodically supersaturated 
summertime surface water Ωarag conditions (Figure 34). Early sea ice melt may prolong 
summertime surface water aragonite undersaturation (Ωarag < 1) at the ice shelf, but will likely 
be less effective in the EWG where seasonal variability had less of an effect on surface water 
Ωarag (Figure 32c). If the surface water CO2 remains in equilibrium with atmospheric CO2 (as 
assumed in Orr et al., 2005) our study shows wintertime and periodic summertime aragonite 
undersaturation of the Antarctic ice shelf and EWG surface waters by the middle of this 
century, reinforcing model predictions by McNeil and Matear (2008) and Orr et al (2005). If 
the CO2 disequilibrium between the surface water and the atmosphere is taken into account, 
then surface water aragonite undersaturation will occur a few years later (McNeil and Matear, 
2008). A lag between the upper ocean CO2 levels and atmospheric CO2 levels is likely, due to 
the finite rate of air-sea CO2 exchange and because of mixing processes between the surface 
and deep oceans (McNeil and Matear, 2008).  
 
The mean seasonal cycle of ice shelf surface water Ωarag with increased fCO2 shows that the 
mean Winter Ωarag estimated from SANAE 50 CTD’s will likely be just above 1 (Ωarag=1.03) 
when surface water fCO2 is increased by 160µatm (Figure 35). Although the mean Winter, 
December, January and early February Ωarag is greater than 1, Ωarag decreased below 1 during 
all ice thaw scenarios (Figure 34). The summer increase in Ωarag through summer primary 
production (assumed to remain unchanged during this century) was very small, with Ωarag 
increasing from a winter value of approximately 1.03 to an early February value of 
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mean summer Ωarag of approximately 1.1 (Figure 35). If summertime primary production 
decreases during this century, as is likely (Steinacher et al., 2010), then the summer surface 
water increase in Ωarag will likely decrease, resulting in summer Ωarag of below 1.16, which 
will likely induce physiological stress on pteropods growth and reproductive success, with 
severe ecosystem implications. Summer surface water conditions at the ice shelf by the 
middle of this century, were observed to be more favourable for the pteropods than summer 
surface water conditions in the EGW, where summertime Ωarag is lower (Figure 35). Thus the 
ice shelf may become a narrow habitat for pteropods in the future where possibly between 
68° and 58°S, surface water Ωarag may become undersaturated slightly earlier. 
 
The aragonite undersaturation of the Southern Ocean surface waters within this century is 
almost unquestionable, but the year in which undersaturation will likely occur is still under 
much debate, as future atmospheric CO2 predictions rely on IPCC carbon-climate models. 
The IPCC atmospheric CO2 increase scenarios depend on many factors such as economic 
growth, variations in carbon sinks and climate and ecosystem feedbacks in a changing 
climate, all of which are currently estimated with much uncertainty (Canadelle et al., 2007; 
Fabry et al., 2008; IPCC, 2007; Le Quéré et al., 2009) 
 
The consequences of future aragonite undersaturation of the Antarctic ice shelf and EWG 
surface waters for the Antarctic pteropods and the Antarctic marine ecosystem are serious 
(Fabry et al., 2008; Guinotte and Fabry, 2008; Orr et al., 2005). Due to the overwintering life 
cycles of pteropods, they will likely need to adapt to the possible wintertime aragonite 
undersaturation within the next two decades (Hunt et al., 2008; McNeil and Matear, 2008). 
Fabry et al (2008) hypothesise that as the surface water Ωarag approaches 1, Thecosome 
pteropods will either have to adapt to surviving in water where aragonite is undersaturated or 
confine their vertical and latitudinal distributions to areas where [CO3
2-
] is higher such as the 
warmer waters North of the  Polar Front (McNeil and Matear, 2008). A northward migration 
of the pteropods may induce additional stress, as the Antarctic pteropods are adapted to the 
low temperatures of the Polar region, and they may not be able to survive in warmer waters 
(Fabry et al., 2008). The Gymnosome pteropods, zooplankton, fish and seabirds that prey on 
Thecosome pteropods will also have to either adapt and find new prey species or migrate 
northward with the aragonite saturated surface waters and the pteropods. For the carnivorous 
pelagic fish, switching to other types of prey may be an easy option, which would in turn 
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pteropods that prey only on Thecosome pteropods, this may not be an option which would 
result in them either following their prey northward or being unable to survive, which would 
have implications on the feeding diversity and trophic structure of the rest of the ice shelf and 
WEG ecosystems (Fabry et al., 2008). 
 
Pteropods are not only important in the trophic structure of the ice shelf and the EWG, but 
also play a vital role in the transport of carbon out of the surface waters, through the sinking 
of their aragonite shells (Fabry et al., 2008; Hunt et al., 2008). A decrease in the production 
and export of CaCO3 from the surface waters to the deep sea will increase the concentrations 
of both TA and DIC in the surface water. This will have contrasting effects on the surface 
water Ωarag as increases in TA increase Ωarag while increases in DIC decrease Ωarag 
(Sarmiento and Gruber, 2006). The increase in TA will slow the process of Ocean 
Acidification by neutralising the bicarbonate ions, but increasing DIC will likely amplify the 
effects of anthropogenic CO2 increase and climate change, possibly decreasing the oceanic 
CO2 sinks further.  
 
Seasonal summertime primary production may help to create favourable surface water Ωarag 
in a higher CO2 world. Early sea ice melt would result in higher primary production and 
hence in lower surface water fCO2 and increased Ωarag. Along with increased sea ice melt 
ocean stratification is predicted to increase, decreasing TA, nutrients and primary production 
in the surface waters (Gruber, 2011; Steinacher et al., 2010). This would suggest the although 
early sea ice melt currently favours the increase in Ωarag, when surface water fCO2 increases 
to levels where the Ωarag is decreased below saturation (predicted within the next 2-4 
decades), neither pteropods nor krill are likely to survive at the Antarctic ice shelf and in the 
EWG unless they are able to adapt rapidly to the changing conditions.  
 
Doubled surface ocean fCO2 (simulated to occur by the end of this century) resulted in mean 
surface water aragonite undersaturation during both the “Normal” and Late sea ice thaw 
scenarios at both the ice shelf and in the EWG (Table 12). During the Early sea ice thaw 
scenario, the mean ice shelf Ωarag was just above saturation (Ωarag=1.03), while in the EWG 
mean Ωarag=0.85. WW fCO2 was estimated to be 369.36±25.75µatm, which, when doubled 
(738µatm) reaches the predicted atmospheric fCO2 level for the year 2090 under the IPCC 
IS92a atmospheric increase scenario (Steinacher et al., 2009). Thus our study suggests that by 
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undersaturated with aragonite (Table 12). This prediction agrees with model the predictions 
of Orr et al (2005), who show that all Southern Ocean surface waters will likely become 
undersaturated with aragonite by 2100, with surface water pH dropping to 7.8 (McNeil and 
Matear, 2008).  
 
As a direct result of increased bicarbonate ions and decreased carbonate ions due to an 
increase in surface water fCO2, the mean surface water pH decreased below 7.9 during all sea 
ice thaw scenarios (Table 12) The overall mean pH when surface fCO2 was doubled was 
calculated to be 7.85 at the ice shelf and 7.83 in the EWG, approximately 0.25 and 0.27 units 
respectively below the current surface ocean pH of 8.1 (Royal-Society, 2005). This agrees 
well with the predictions of McNeil and Matear (2008), where they show that Southern 
Ocean surface water pH will likely decline by 0.3 pH units by the year 2100, with seasonality 
possibly resulting in a wintertime pH decrease of 0.3 pH units by the year 2080. 
 
 
The mean seasonal cycle of ice shelf surface water Ωarag with doubled fCO2 shows that the 
mean Ωarag during winter, December, January and February will likely be below 1 (Figure 
35). The summer increase in Ωarag through summer primary production (assumed to remain 
unchanged during this century) increased Ωarag by approximately 0.17, from an estimated 
winter value of 0.87 to a summer maximum during early February of 0.95 (Figure 35). In the 
WEG surface water Ωarag was also below 1 throughout summer, with a smaller summer Ωarag 
increase than at the ice shelf. This suggests that by the end of this century, summer 
phytoplankton blooms will not be sufficient to increase the mean summer surface water Ωarag 
























The seasonality driven summer increase in Ωarag at the Antarctic ice shelf and in the Eastern 
Weddell Gyre (EWG) is critical for the survival of the aragonite-calcifying Thecosome 
Pteropods. Winter upwelling of DIC-rich WDW water combined with low winter primary 
production will likely hasten the onset of surface water aragonite undersaturation as predicted 
by McNeil and Matear (2008). High latitude oceanic regions such as the Antarctic ice shelf 
and the Eastern Weddell Gyre of the Southern Ocean will probably experience periodic 
surface water aragonite undersaturation within this century, possibly as early as the year 
2054. 
Natural seasonal variations in Ωarag at the ice shelf and in the EWG were primarily as a result 
of changes in DIC through primary production and in TA through dilution from sea ice melt, 
both of which were affected by variability in the phasing of sea ice thaw. The intra-seasonal 
and inter-seasonal variability in Ωarag was much greater at the ice shelf than in the EWG 
(Figure 32), indicating the sensitivity of the Antarctic ice shelf to seasonal variations in Ωarag. 
Summer sea ice melt increased surface water stratification, relieving light and iron limitation 
and facilitating summer phytoplankton blooms and thus the summer increase in Ωarag. Years 
with early sea ice melt at the ice shelf resulted in increased production and increased surface 
water Ωarag. The opposite was observed for years with late sea ice melt, where production was 
decreased and the summer surface water Ωarag increase was less. The summer increase in 
Ωarag was observed to reach a maximum in all years during late January/early February when 
primary production was highest. All years showed an increase in surface water Ωarag at the ice 
shelf as summer progressed, from a winter value of 1.34 to an overall mean early February 
value of 1.69 (Figure 33). Primary production decreased DIC, increasing Ωarag, while dilution 
through summer sea ice melt decreased TA, decreasing Ωarag, but to a lesser extent. The high 
interannual variability in Ωarag at the ice shelf, highlights the importance of understanding 
regional scale carbon processes and how they are affected by the seasonal cycle.  
 
Ecosystem implications of the seasonal minimum Ωarag will likely be felt before aragonite 
undersaturation (Ωarag < 1) is reached. Calcification rates have previously been shown to have 
a positive correlation with increased [CO3
2-
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], suggesting that as [CO3
2-
] decreases, calcification will become increasingly difficult and 
could negatively affect calcifiers and ecosystems even before undersaturation is reached 
(Fabry et al, 2008; Riebesell et al., 2000; Royal-Society, 2005). Winter and early summer 
surface water Ωarag were between 1.16-1.33, suggesting that small changes in the processes 
that control surface water Ωarag (primary production, dilution, air-sea CO2 flux and 
calcification) may result in periodic surface water aragonite undersaturation, with unknown 
consequences for the Thecosome Pteropods. Increased research is needed to determine if the 
Antarctic Thecosome Pteropods will be able to adapt to decreasing surface water Ωarag or if 
they will migrate northwards to waters where Ωarag is higher, with serious consequences for 
their predators and for the ecosystem (Fabry et al., 2008; McNeil and Matear, 2008). 
 
This study shows that the summer surface water Ωarag at the Eastern Weddell Gyre ice shelf 
will probably become periodically undersaturated with aragonite by the middle of this 
century, reinforcing model predictions by Orr et al (2005) and McNeil and Matear (2008). 
Periodic surface water aragonite undersaturation will be of serious concern for the 
Thecosome Pteropods that survive for 1-2 years and would therefore need to survive 
undersaturated wintertime conditions (Hunt et al., 2008). Pteropods are not only important in 
the trophic structure, but also in the export flux of carbon from surface to deeper waters 
(Honjo, 2004).  The possible northward migration or decrease of pteropods at the ice shelf 
and in the EWG as Ωarag decreases is predicted to affect the natural balance of the marine 
food web as well as the air-sea carbon flux, and is therefore a great concern. 
 
Seasonality of the timing of sea ice melt, primary production, and upwelling processes at the 
Antarctic ice shelf and EWG are all of critical importance to pteropods and to the Antarctic 
ecosystem. There is a need for a more thorough understanding of the seasonal variability of 
this region, where detrimental carbonate conditions are likely to affect the ecosystem within 
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